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Earthquake triggering occurs when a fault has been pushed to failure by additional 
stress loading. It has been observed worldwide that large, shallow earthquakes are 
capable of loading faults, thereby triggering additional earthquakes and tremors. Since 
seismic activity arises when a fault has reached its critical state of stress, earthquakes and 
tectonic tremor can be used as a probe for understanding a fault’s stress state, especially 
when these events are triggered by an external source (for more details, see Chapter 1). 
My Ph.D. research has focused on systematically investigating dynamic triggering of 
earthquakes and tremors to better understand the characteristics of and the physical 
mechanisms responsible for triggering. Specifically, I investigate dynamic triggering of 
earthquakes in three geothermal/volcanic regions of California (Chapter 2), and I 
examine dynamic triggering of tremor along three strike-slip faults in the Western 
Hemisphere (Chapter 3), namely the Queen Charlotte Margin (Canada), eastern Denali 
Fault (Canada), and Enriquillo-Plantain Garden Fault (Haiti). The ultimate goal is to not 
only understand how earthquakes and tremor nucleate but to also gain a deeper 
understanding of fundamental fault behavior in these regions. 
Chapter 2 highlights a systematic survey of local earthquakes triggered by distant 
earthquakes in three geothermal/volcanic regions of California: Long Valley Caldera, 
Coso Geothermal Field, and Geysers Geothermal Field. Waveforms of distant 
earthquakes with magnitudes (M) ≥ 5.5 occurring between 2000 and 2012 were examined 
for triggering, and β-statistics were computed to confirm the significance of the findings. 
The percentage of distant events triggering in Long Valley, Coso, and Geysers vary – 
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2.0%, 3.8%, and 6.8% in the 12 year period, respectively – and when compared to the 
triggering of tectonic tremors along the Parkfield-Cholame section of San Andreas Fault 
(SAF, 9.2% in the 12 year period). Apparent triggering thresholds vary among the 
regions with Long Valley having the highest of ~5 kPa and ~1 kPa for the other regions. 
In addition, the frequency contents of the triggering waves do not appear to be a 
dominant factor that controls triggering. Overall, the variation in triggering behavior is 
likely a reflection of faults having a tendency to be at or near failure, such that a region 
with a higher background activity rate is more susceptible to triggering.   
Chapter 3 highlights three studies of tremor triggered along strike-slip faults in the 
Western Hemisphere – the Queen Charlotte Margin (Canada), eastern Denali Fault 
(Canada), and Enriquillo-Plantain Garden Fault (Haiti). In the Queen Charlotte Margin 
and eastern Denali Fault regions, I conduct a systematic survey of large earthquakes 
triggering tremor, while along the Enriquillo-Plantain Garden Fault I present the results 
of tremor triggered by the 27 February 2010 Mw8.8 Maule, Chile earthquake. In general, 
the tremor in these regions has frequencies ranging from 5 to 40 Hz and is modulated by 
the surface waves of large, shallow earthquakes. However, which surface wave triggers 
(Love or Rayleigh) is controlled by the incidence of the seismic wave on the fault. In the 
Queen Charlotte Margin and eastern Denali Fault regions, I investigate the peak dynamic 
stress caused by these earthquakes and find a similar triggering threshold, i.e. dynamic 
stress ≥ 10 kPa is needed to push the faults to failure. An examination of the frequency 
contents of the triggering waves reveals that long-period (>20 s), high amplitude surface 
waves are predominantly responsible for triggering tremor. Along the Enriquillo-Plantain 
Garden Fault, I find tremor that is triggered primarily by the Love wave of the Maule 
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mainshock, which is in agreement with high triggering potential for a Love wave with 
near vertical incidence on a left-lateral strike-slip fault. I also search for aftershock 
activity of 12 January 2010 Mw7.0 Haiti earthquake that is possibly influenced by the 
seismic waves of the Chile mainshock but currently find no evidence of increased 
aftershock activity. 
Systematic surveys of earthquake and tremor triggering presented here indicate 
whether amplitude, frequency, and incidence of the triggering waves on faults can be 
used to predict whether or not triggering will occur. For earthquake triggering, peak 
dynamic stress appears to be the primary controlling factor. On the other hand, tremor 
triggering is controlled by amplitude, frequency, and incidence. Earthquake triggering 
primarily occurs in geothermal regions with extensional tectonics, and geothermal 
regions with higher background activity rates are most susceptible triggering. However, 
tremor triggering occurs much more often than earthquake triggering (at least in 
California) and predominately in compressional or transpressional tectonic environments. 
The observation that tremor is triggered more often than earthquakes could be a reflection 
of a fault being weaker at depth (where tremor occurs) than in the shallower crust (where 
earthquakes occur). Potential research directions related to the topic of dynamic 









1.1 Background   
 Earthquakes and tectonic tremor are two manifestations of fault failure that can be 
dynamically triggered. An earthquake is a seismic signal that emerges from a sudden slip 
on the locked portion of a fault, has distinct P- and S-waves, and can have a broad range 
of frequencies (1-100 Hz). Tectonic tremor (hereafter ‘tremor’), on the other hand, is a 
seismic signal thought to emerge from faults where properties and behaviors are 
transitional between locked and creeping [Obara, 2002]. The tremor signal itself is 
embedded with low-frequency earthquakes (LFEs) [Shelly et al., 2007] that when 
conflated in a short amount of time appear to behave like a packet of S-waves and with 
no distinct P-waves. Tremor embedded with LFEs generally has frequencies of 1-10 Hz 
[e.g., Peng and Gomberg, 2010], but tremor has also been shown to contain frequencies 
up to 40 Hz [e.g., Guilhem et al., 2010].  
 Triggering is considered to occur as a result of additional stress loading that 
promotes fault failure ‘ahead of schedule’ [e.g., Gomberg, 2010]. Additional stress 
loading can arise due to stress perturbations caused by earthquakes, solid earth tides, 
anthropogenic activities, etc. Earthquakes generate stress changes in Earth’s crust due to 
permanent deformation (static stress changes) and passing seismic waves (dynamic stress 
changes). Both static and dynamic stress changes caused by earthquakes can load faults 
and push them closer to failure. In the near-field (i.e., within 1-2 fault rupture lengths of 
an earthquake), static stress changes are capable of promoting failure on adjacent faults, 
resulting in increased earthquake and tremor activity [e.g., King et al., 1994; Harris et al., 
1995; Nadeau and Guilhem, 2009]. On the other hand, dynamic stress changes arising 
from passing seismic waves are capable of triggering in the near-field as well as the far-
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field, well beyond a few fault rupture lengths where static stress changes no longer 
dominate [e.g. Hill et al., 1993; Kilb et al., 2000].  
 The discovery of dynamic triggering more than two decades ago [Hill et al., 
1993] offers new insights into earthquake interaction at long-range distances but also 
fault behaviors during an earthquake cycle. Dynamic triggering can occur in a wide range 
of tectonic environments [e.g., Brodsky and Prejean, 2005; Velasco et al., 2008; Peng 
and Gomberg, 2010]. Geothermal/volcanic environments with extensional and 
transtensional tectonics are more susceptible to earthquake triggering due to the presence 
of fluids [e.g., Hill and Prejean, 2007; Aiken and Peng, 2014 and references therein]. On 
the other hand, triggered tremor has been observed in areas of high pore pressure within 
compressional subduction zones [Peng and Gomberg, 2010; Beroza and Ide, 2011] and 
transpressional environments such as the strike-slip SAF in California [e.g., Peng et al., 
2009].  In most cases, tremor and earthquakes are induced by surface waves of distant 
earthquakes, i.e. by the Love and Rayleigh waves. However, body wave triggering has 
also been observed [Ghosh et al., 2009; Miyazawa, 2012; Hill et al., 2013].  
 Tremor and earthquake activity can be triggered on critically stressed faults, 
according to the Coulomb-Failure criterion [Hill, 2012]. One proposed mechanism for 
fault failure is that fluids can be pressurized on pre-existing fractures as a result of 
dynamic strain from passing seismic waves, which lowers a fault’s effective normal 
stress pushing it toward failure [Hill et al., 1993; Rubinstein et al., 2007]. Furthermore, 
Brodsky and Prejean [2005] found that large-amplitude and long-period (>30s) surface 
waves from distant earthquakes are most effective at triggering earthquakes via fluid 
pressurization in geothermal/volcanic regions. Similar amplitude and frequency 
dependence has been observed for the triggering of tremor [Peng et al., 2009; Guilhem et 
al., 2010]. Other characteristics of triggering include phase-correlated triggering [e.g. 
Brodsky and Prejean, 2005], phase-uncorrelated triggering [Peng et al., 2010], and 
triggering that occurs after surface waves have already passed either by a simple 
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cascading effect [Brodsky, 2006], a delayed effect [Shelly et al., 2011], or multiple 
surface waves circling the earth [Peng et al., 2011]. 
1.2 Motivation 
 Earthquake and tremor triggering has been observed throughout the world [e.g., 
Pollitz et al. 2014; Peng and Gomberg, 2010]. For instance, earthquake triggering has 
mostly been observed in geothermal/volcanic regions [e.g., Hill and Prejean, 2014], 
while triggered tremor has mostly been detected within subduction zones around the 
Pacific Rim [Peng and Gomberg, 2010] and along a few strike-slip faults in California 
[e.g., Shelly et al., 2011; Chao et al., 2012a]. Little is understood about the characteristics 
of and physical mechanisms responsible for triggering. There are several key questions 
related to triggering, such as when, where, and how does triggering occur and how do 
different regions compare where it is observed. For example, does tremor occur on strike-
slip faults beyond California? By conducting systematic investigations of triggering, we 
gain not only knowledge of the physical processes responsible for the occurrence of 
earthquakes and tremor but also a deeper understanding of fundamental fault behavior 
and how earthquakes and tremor nucleate. Furthermore, understanding how fault systems 
respond to external stressing and how earthquakes and tremor nucleate offers vital 
information for seismic hazard assessment. 
 The investigation of earthquake and tectonic tremor triggering is relatively 
simple, for a couple of reasons. First, earthquake and tremor triggering can occur during 
or immediately following the passing seismic waves of an earthquake, and thus we know 
when to look for triggering to occur. Second, triggered tremor generally radiates larger 
amplitude signals than spontaneous (ambient) tectonic tremor, which makes triggered 
tremor more easily distinguishable from noise in seismic data [e.g., Rubinstein et al., 
2007; Peng et al., 2008]. 
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 Beyond the objective of understanding of how earthquakes and tremor occur on 
active faults, the research presented here provides a foundation for addressing the larger 
question about the role of tremor activity in earthquake cycles. Specifically, it has been 
suggested that ambient tremor activity that occurs deep within faults transfers stress to 
the shallower portion of a fault where earthquakes occur [e.g., Wech and Creager, 2011]. 
Because triggered tremor is ambient tremor occurring ‘ahead of schedule’ [Gomberg, 
2010], discovering regions where triggered tremor occurs launches new opportunities for 
the investigation of ambient tremor activity and its role with earthquake cycles in those 
regions. 
1.3 Preview of Subsequent Chapters 
In the subsequent chapters, I present published papers as well as some preliminary 
work that will be submitted for publication at a later date. In Chapter 2, I present results 
of a systematic survey of triggered earthquakes in three geothermal/volcanic regions of 
California [Aiken and Peng, 2014], namely Long Valley Caldera, Coso Geothermal Field, 
and Geysers Geothermal Field. In Chapter 3, I show the results of three systematic 
surveys of tremor triggered along strike-slip faults:  the Queen Charlotte Margin of Haida 
Gwaii, Canada [Aiken et al., 2013a], along the eastern Denali Fault in western Yukon 
Territory, Canada [Aiken et al., 2015b], and along the Enriquillo-Plantain Garden Fault in 
the southern Haiti peninsula [Aiken et al., 2015a which is in preparation for publication]. 
Chapter 4 (the final chapter) provides reflections on the work presented here and possible 
future research directions for studies on the topic of dynamic triggering. There are also 3 
appendices. Appendix A details how to estimate dynamic stress from an earthquake’s 
magnitude. Appendix B shows how to compute the β- and Z-statistics using MatLab. 
Appendix C provides a list of papers I authored and co-authored during my Ph.D.  
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CHAPTER 2 
DYNAMIC TRIGGERING OF MICROEARTHQUAKES IN THREE 
GEOTHERMAL REGIONS OF CALIFORNIA 
The results presented in this chapter are from the work of Aiken and Peng [2014]. 
Summary 
Geothermal/volcanic regions are most susceptible to local earthquake triggering 
by regional and remote earthquakes. Transient stresses caused by surface waves of these 
earthquakes can activate critically stressed faults. Though earthquakes can be triggered in 
geothermal/volcanic regions, it is less understood how these regions differ in their 
triggering responses to distant earthquakes. We conduct a systematic survey of local 
earthquakes triggered by distant earthquakes in three geothermal/volcanic regions of 
California:  Long Valley Caldera, Coso Geothermal Field, and Geysers Geothermal Field. 
We examine waveforms of distant earthquakes with magnitudes ≥ 5.5 occurring between 
2000 and 2012 and compute β-statistics to confirm the significance of our findings. We 
find that Long Valley, Coso, and Geysers vary in triggering frequency – 2.0%, 3.8%, and 
6.8% in the 12 year period, respectively – and when compared to the triggering of deep 
tectonic tremors along the Parkfield-Cholame section of SAF (9.2% in the 12 year 
period). Stress triggering thresholds vary among the regions with Long Valley having the 
highest of ~5 kPa and ~1 kPa for the other regions. Because dynamic stresses from 
distant earthquakes are similar in these three regions, the varying triggering behavior 
likely reflects faults having a tendency to be at or near failure. This is compatible with 
Geysers having a higher a-value in the Gutenberg-Richter relationship and higher 
geothermal productivity than the other two regions. The observation of more frequency 
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triggering of tremor than microearthquakes is consistent with recent laboratory studies on 
increasing triggerability with lower effective stress. 
2.1 Introduction 
Surface waves of large, distant earthquakes at a few fault lengths away can 
dynamically trigger microearthquakes and deep tectonic tremor in differing tectonic 
regimes including extensional, transtensional, and transpressional environments [Brodsky 
and Prejean, 2005; Hill and Prejean, 2014 and references therein; Velasco et al., 2008; 
Peng and Gomberg, 2010]. Among them, geothermal/volcanic regions are mostly 
associated with extensional or transtensional environments and often contain repeatedly 
triggered earthquakes [Stark and Davis, 1996; Hough and Kanamori, 2002; 
Bhattacharyya and Lees, 2002; Hill, 2006]. On the other hand, recent studies [e.g. Peng 
and Gomberg, 2010; Aiken et al., 2013b] have shown that deep tectonic tremor is mostly 
observed in compressional (subduction zones) or transpressional environments, e.g. the 
SAF, the Queen Charlotte Fault, etc. 
Although microearthquake triggering in geothermal/volcanic regions has been 
documented, it is not well understood how geothermal/volcanic regions differ in their 
triggering responses as compared with other tectonic regions. The objective of this study 
is to compare behaviors of microearthquake triggering in three geothermal/volcanic 
regions of California. We also compare our earthquake triggering observations with 
tremors triggered along the Parkfield-Cholame segment of the SAF. Such a comparison 
will illuminate similarities and/or differences between microearthquake and tremor 
triggering, specifically in California. Furthermore, Parkfield, CA is ideal for the 
comparison of microearthquake and tremor triggering for two reasons. First, tremors have 
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been triggered along the Parkfield-Cholame segment by passing seismic waves of many 
large distant events [e.g. Ghosh et al., 2009; Peng et al., 2008, 2009; Guilhem et al., 
2010; Shelly et al., 2011]. Second, the Parkfield-Cholame segment is in the regional 
neighborhood (within 300 km) of Long Valley, Coso, and Geysers, which allows for a 
simple comparison between dynamic stresses of earthquakes in each region. 
2.2 Tectonic Settings  
California has 3 notable geothermal/volcanic regions that are suitable for 
comparing dynamic triggering of microearthquakes: Long Valley Caldera, Coso 
Geothermal Field, and Geysers Geothermal Field. Long Valley Caldera is located on the 
eastern edge of the Sierra Nevada Mountains in the Basin and Range Province of eastern 
California (Figure 2.1a). Coso Geothermal Field is located in the southwestern portion of 
the Basin and Range Province, bounded by the Sierra Nevada Mountains and the Coso 
Range (Figure 2.1b). The last region, Geysers Geothermal Field, is located in northern 
California about 130 km north of San Francisco (Figure 2.1c). Each of these 
geothermal/volcanic regions has not only active fault systems but also active fluid 
processes that account for their high background seismicity rate, which could be one of 
the many reasons that contribute to their susceptibility to dynamic triggering [Hill and 
Prejean, 2014].  
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Figure 2.1 - Map view of three geothermal regions in California. Gray dots represent 
background seismicity during the 2000 - 2012 study period. Locations are marked in 
black text. Black lines = faults and/or outline of tectonic features. Yellow triangles = 
Northern California Seismic Network (NCSN) stations. Red triangles = Southern 
California Seismic Network (SCSN) stations. Larger triangles = stations used either for 
the dynamic stress calculation or as a second station for visual observations. (a) Long 
Valley Caldera. (b) Coso Geothermal Field. (c) Geysers Geothermal Field. (d) California. 
Main reference station from each region is marked, as well as the PKD station in 
Parkfield, CA. Turquoise star =  4 April 2012 M7.2 Baja California earthquake. 
 
Previous studies have observed dynamic triggering at the Brawley/Salton Sea 
Geothermal Field in Southern California [Hough and Kanamori, 2002; Doran et al., 
2011]. However, we exclude this region in this study for two reasons. First, while several 
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surface-based broadband stations (CI network) exist in this region, the waveform quality 
for local events is relatively poor due to thick sediment and near-surface attenuation. 
High-quality borehole station (EN network) only became available since December 2007, 
which is not comparable to our study time period of 2000 to 2012. Second, Salton Sea is 
relatively far from the other study regions in central and northern California. Hence, the 
list of teleseismic events could be different. Because our primary purpose is to select the 
same distant events and compare their triggering behavior at different sites, we did not 
include the Salton Sea region in this study. 
2.3 Analysis and Procedure 
We first selected distant earthquakes that occurred during the 2000-2012 period 
and that have a depth < 100 km from the Advanced National Seismic System (ANSS, 
accessible via the Northern California Earthquake Data Center) catalog. Next, we 
separate them into two groups. In the first group, we selected earthquakes with magnitude 
(M) ≥ 5.5 and an epicentral distance between 100 km and 2,000 km from each region’s 
reference station. The second group was comprised of earthquakes with M ≥ 7.5 and an 
epicentral distance over 2,000 km from each region’s reference station. Brodsky and 
Prejean [2005] chose a similar minimum distance of 100 km because transient dynamic 
stresses are expected to dominate over static stress changes at such distance [Freed, 
2005].  In addition, it is relatively easy to separate seismic signals of locally triggered 
microearthquakes and triggering mainshocks occurring at relatively large distances 
[Guilhem et al., 2010]. The reference stations for Long Valley, Coso, Geysers, and 
Parkfield are OMM, JRC2, GDXB, and PKD, respectively.  Given these selection 
criteria, we obtained ~150 distant earthquakes for each region  (Tables S2.1-S2.4).   
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After selecting our distant earthquakes, we retrieved ±5 hours of seismic data 
from the Northern California Earthquake Data Center (NCEDC) and Southern California 
Earthquake Data Center (SCEDC) around the P-wave arrival of each selected earthquake.  
Seismic data from both broadband and short period stations in each region were used to 
identify locally triggered microearthquakes. We first discarded broadband waveforms 
that were clipped or poorly recorded. We then removed the instrument response and 
rotated the broadband horizontal waveforms to the great circle path (GCP, radial) and a 
clockwise 90° rotation (transverse) direction using the Seismic Analysis Code (SAC) 
command “rotate to GCP.” Next, we applied filters to detect triggered microearthquakes.  
Filters we used were either high-pass > 5 Hz to avoid contamination of body waves from 
distant events or band-pass filters (e.g., 2-16 Hz, 15-30 Hz) to avoid local noise 
contamination. We applied all three filters to determine the best choice. We then took the 
Hilbert transform of the filtered trace and computed the envelope function using SAC’s 
command “envelope”, and smoothed it with a half width of 50 data points using SAC’s 
command “smooth h 50”. Finally, for each station, we computed an averaged envelope 
function by stacking the filtered radial, transverse, and vertical component envelope 
functions and dividing by 3. For earthquakes that appeared to instantaneously trigger 
microearthquakes, we used the filtered envelope functions and filtered seismograms 
together to hand-pick local seismic activity that occurred ±5 hours around the P-wave 
arrival. In particular, we hand-picked microearthquakes that had distinct P- and S-waves 
and S−P time < 10 seconds, which is appropriate for local earthquakes within ~80 km of 
the seismic station. 
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We estimated the magnitudes of the hand-picked microearthquakes using the 
following steps. First, we identified a hand-picked microearthquake that was also listed in 
the earthquake catalog. Second, we measured the S-wave amplitude of the same hand-
picked microearthquake from a nearby station. Third, we assumed that a tenfold increase 
in displacement amplitude corresponds to an increase in one unit magnitude [Peng et al., 
2007] and estimated the constant to convert log10(amplitude) to local magnitude M. We 
then used the S-wave amplitudes of all hand-picked events in conjunction with our 
calibration constant to estimate the magnitude of microearthquakes not listed in the 
catalog. Admittedly, this is a simple estimation of earthquake magnitude. Since we do not 
locate the hand-picked events, we do not include the distance effect in the magnitude 
estimation for each hand-picked earthquake. Moreover, we note that our calibration 
constant assumes that all of our hand-picked events occur at the same distance as our 
calibration earthquake listed in the earthquake catalog. However, because the magnitudes 
of the triggered events are mostly used for plotting purposes (e.g., Figure 2.2a), any 
potential errors in magnitude estimation have minor effects on the overall conclusion of 
this study. 
We verified increases in seismic activity following the surface wave arrival by 
calculating the β-statistic [e.g. Aron and Hardebeck, 2009]. For broadband stations 
without clipped or poorly recorded data, we determine the β-values from the hand-picked 
events. The β-statistic values were computed by 
β = Na − N(Ta /T ))
N(Ta /T )(1− (Ta /T ))
.                                             (2.1)  
The variables Ta and T are the time periods for the triggering window and the sum of the 
triggering time window and 5 hours before the P-wave of the distant earthquake, 
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respectively. That is, T = Ta + Tb, where Tb is the time window before the P-wave of the 
distant earthquake. We defined two triggering windows: instantaneous and delayed. The 
instantaneous triggering window is the time between the 5 km s-1 and 2 km s-1 wave 
arrival of the distant earthquake, when most of the surface wave energy is captured [e.g., 
Peng et al., 2009]. The delayed triggering window is the time between the 2 km s-1 wave 
arrival and up to 5 hours after the P-wave arrival. The variables Na and N are the number 
of events in the triggering time window and the total number of events occurring in the 
triggering time window and 5 hours before the P-wave arrival, respectively. That is, N = 
Na + Nb, where Nb is the number of events occurring in the time window before the P-
wave. When at least one microearthquake was identified following the distant event, we 
computed β-statistic values for both the instantaneous and delayed triggering windows 
using all hand-picked events and those above the median amplitude of hand-picked 
events occurring after the P-wave arrival (Table S2.5).   
We chose ± 5 hours mainly for the following reasons. While recent studies have 
shown that delayed triggering can occur days after seismic waves have already passed 
[e.g. Parsons et al., 2014], here we focus on short-term delayed triggering which has 
been shown to follow an Omori Law decay [Brodsky, 2006]. Another potential difficulty 
is that it is rather time consuming to hand-pick microearthquakes at three regions for 
hundreds of distant mainshocks. Hence, in this study, we limit our waveform examination 
period to be a few hours before and after each distant mainshock. In general, a β-statistic 
≥ 2 indicates a significant increase in seismic activity as compared to background seismic 
activity at ~95% confidence level [e.g., Hill and Prejean, 2014]. In addition to computing 
the β-statistic values using our hand-picked events, when possible, we also cross-
 13 
examined our hand-picked microearthquakes with ANSS earthquake catalogs obtained 
from NCEDC to determine if a clear increase in seismicity around the surface wave 
arrival time could be seen in both approaches.  
Finally, to compare triggering thresholds in each region, we applied a 1-s low-
pass filter to the instrument-corrected seismograms prior to measuring the peak ground 
velocity (PGV) to avoid bias due to local earthquake activity.  Using the measured PGV 
values, a shear rigidity (µ) of 30 GPa and surface wave phase velocities (vph) of 4.3 km s-1 
and 3.5 km s-1 for the Love and Rayleigh waves, respectively, we computed the 




.                                                        (2.2)
 
2.4 Triggering Observations 
Triggered earthquake observations from each geothermal/volcanic region as well 
as triggered tremor observations along the Parkfield-Cholame segment of the SAF will be 
discussed individually in the following four subsections.   
2.4.1 Long Valley Caldera 
Of the 149 distant earthquakes we examined for triggering in Long Valley, we 
observed microearthquakes triggered by surface waves of 3 distant earthquakes: the 3 
November 2002 M7.9 Denali Fault  (dynamic stress (σ) = 78 kPa), 15 June 2005 M7.2 
Mendocino (σ = 43 kPa), and 4 April 2010 M7.2 Baja California earthquakes (σ = 18 
kPa) (Table S2.1). Triggering by the 2002 M7.9 Denali earthquake in Long Valley has 
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been documented by previous studies [Prejean et al., 2004; Brodsky and Prejean, 2005]. 
These 3 triggering earthquakes account for about 2.0% of the 149 earthquakes we 
examined.     
Figure 2.2 is an example of triggering in Long Valley by the 2010 Baja California 
earthquake, where the transverse (T) and vertical (Z) components exemplify its Love and 
Rayleigh waves, respectively. We did not include the radial (R) component mainly 
because it shows similar Rayleigh waves as the Z component except with a 90° phase 
shift. One microearthquake occurred during the Love wave arrival at ~250 seconds. It has 
an estimated magnitude of ~1.6 and was not listed in the ANSS catalog. Three more 
microearthquakes occurred during the subsequent Rayleigh wave up until around 400 
seconds. In total, we were able to identify 47 microearthquakes in the 5 hours following 
the P-wave arrival of the 2010 Baja California earthquake. These events were only 
visible on the MDH1 station, which is a borehole station deployed at 2.5 km at depth with 
a sampling rate of 500 samples/s. We did not use the surface broadband station MCB 
because the data was clipped due to the amplitude of this earthquake. Figure 2.3a is 
another example of triggering in Long Valley by the 2005 M7.2 Mendocino earthquake. 
Only 2 earthquakes were triggered during the Rayleigh wave (~300 seconds) and the 
coda, and 22 microearthquakes in total occurred up to 5 hours after the P-wave using 




Figure 2.2 - Earthquakes triggered in Long Valley Caldera by the 2010 M7.2 Baja 
California earthquake. (a) 60-day seismicity around the mainshock origin time with 
cumulative number of events. Earthquakes listed in the ANSS earthquake catalog are 
indicated by a gray “x” and are from the Long Valley region illustrated in Figure 2.1. Red 
circles represent manually picked events. (b) Band-pass filtered (15-30 Hz) envelope 
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function as recorded by the MDH1 station. Black circles represent manually picked 
events before the P-wave arrival. Red circles are manually picked events after the P-wave 
arrival. β-value without regard to amplitude threshold is indicated – instantaneous (I) and 
delayed (D). All sequential figures contain similar computed β-values, i.e. no amplitude 
threshold criterion is applied. (c) Spectrogram with high-frequency bursts representative 
of local earthquakes. There is a constant noise source around 12 Hz. (d) Instrument-
corrected broadband velocity seismograms from station MCB band-pass filtered (15-30 
Hz) to show triggered microearthquakes, with zoom in of triggered microearthquake 
activity. We show seismic activity on the borehole MDH1 station because more triggered 
microearthquakes are visible on this station. 
 
Figure 2.3 - Additional examples of triggering and non-triggering in Long Valley 
Caldera. In each panel, the broadband transverse, high-passed > 5 Hz averaged filtered 
envelopes, and broadband vertical waveforms are plotted. We show both the surface 
MCB station and borehole MDH1 station. The vertical bar in each panel indicates the 
amplitude for broadband data in that panel. For earthquakes that appeared to trigger 
seismicity, we hand-picked local microearthquakes (red circles) from the waveform and 
computed their β-statistics. β-statistics in turquoise are considered as statistically 
significant (i.e. triggers); β-statistics in grey are considered as non-triggers. We did not 
hand-pick microearthquakes for all distant earthquakes and so some spikes may represent 
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either earthquakes or noise. Gray boxes in (b) and (d) illustrate earthquakes radiating 
from Coso and the Nevada-California border, respectively. Symbols and notation are the 
same as in Figure 2.2. 
 
It is worth mentioning that several large, distant earthquakes that have triggered 
microearthquakes/tremor in other regions [e.g. Peng et al., 2009, 2010] did not trigger 
microearthquakes in Long Valley. For example, the 26 December 2004 M9.0 Sumatra (σ 
= 16 kPa), 27 February 2010 M8.8 Chile (σ = 14 kPa), and 11 March 2011 M9.0 Tohoku-
Oki (σ = 10 kPa) mainshocks did not trigger any statistically significant activity during 
large amplitude surface waves (Figure 2.3b-f). The 2004 Sumatra earthquake appears to 
trigger a cluster of microearthquakes at ~11,000 seconds after the passage of surface 
waves. However, this cluster of events occurred in a seismically active region about 40 
km northeast of Long Valley, near the Nevada-California border [Velasco et al., 2008]. 
Hence, they cannot be considered as triggered seismicity associated with Long Valley. 
Similarly, the four high-frequency bursts that occurred during the teleseismic waves of 
the 2010 Chile mainshock shown in Figure 2.3b were associated with triggered seismicity 
in the Coso geothermal/volcanic region [Peng et al., 2010], instead of originating from 
Long Valley. Lastly, no microearthquakes were detected on the MCB surface station 
during the surface waves of the 2006 Baja California earthquake (σ = 13 kPa)(Figure 
2.3e). However, a few events appear to be triggered on the MDH1 borehole station. After 
hand-picking events on the MDH1 station, we found that the instantaneous β-value is -
0.3, and thus, the 2006 Baja California earthquake does not appear to have dynamically 
triggered microearthquakes in Long Valley. 
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2.4.2 Coso Geothermal Field 
In Coso Geothermal Field, we examined a total of 156 distant earthquakes for 
locally triggered microearthquakes and found 6 triggering earthquakes (Table S2.2). 
These 6 cases account for 3.8% of the 156 earthquakes we examined. Of these 6 
triggering earthquakes, the 2002 M7.9 Denali (σ = 37 kPa) and 2010 M8.8 Chile 
earthquakes (σ = 9 kPa) were analyzed in previous studies [e.g. Prejean et al., 2004; 
Peng et al., 2010, 2011]. Thus, we have identified 4 additional triggering events: the 
2005 M7.2 Mendocino (σ = 8 kPa) earthquake, as well as the 4 January 2006 M6.6 (σ = 8 
kPa), 3 August 2009 M6.9 (σ = 35 kPa), and 2010 M7.2 Baja California (σ = 102 kPa) 
earthquakes. 
Figure 2.4 shows an example of microearthquakes triggered in Coso by the 2009 
Baja California earthquake. During its large-amplitude surface waves, we identified 8 
triggered microearthquakes with estimated magnitudes M ranging from ~0.1 to 1, with 
the largest of these occurring during the Rayleigh wave around 340 seconds. Five hours 
prior to the 2009 Baja California earthquake, Coso Geothermal Field was relatively quiet 
as we detected only 2 local earthquakes during this period. Up to 5 hours after the P-
wave arrival, we identified a total of 27 microearthquakes, most of which occurred in the 
first hour following the surface wave arrivals.   
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Figure 2.4 - Earthquakes triggered in Coso Geothermal Field by the 2009 M6.9 Baja 
California earthquake. Symbols and notation are the same as in Figure 2.2. Earthquakes 
(“x”) are listed in the ANSS earthquake catalog and are from the Coso region illustrated 
in Figure 2.1. The high β-value of 22.8 indicates that the microearthquakes were triggered 
by dynamic stresses of the 2009 Baja California earthquake. 
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The 2006 and 2010 Baja California earthquakes also triggered microearthquakes 
in this region (Figure 2.5). Compared to the 2009 Baja California mainshock, these 
earthquakes triggered only 1-2 microearthquakes during the wavetrain and ~30 events in 
total 5 hours after the P-wave arrival (Figure S2.2). Similarly, the 2006 Baja California 
and 2005 Mendocino earthquakes triggered seismicity in Coso during their surface waves 
with β-values larger than 2, suggesting that the triggering is statistically significant with 
95% confidence (Figure 2.5c, 2.5e). Similar to Long Valley, many large distant 
earthquakes did not trigger microearthquakes at Coso based on β-value calculations, such 
as the 2004 M9.0 Sumatra (σ = 10 kPa, Figure 2.5b), 29 September 2009 M8.1 Samoa (σ 
= 8 kPa, Figure 2.5d), and 22 January 2003 M7.6 Colima earthquakes (σ = 6 kPa, Figure 
2.5f). In particular, the 2009 Samoa earthquake appears to trigger 2 microearthquakes 
around the S-wave arrival, but these microearthquakes did not synchronously occur with 
the peaks of the S-wave nor was a seismicity rate increase detected. 
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Figure 2.5 - Additional examples of triggering and non-triggering in Coso Geothermal 
Field. Symbols and notation are the same as in Figure 2.3. We do not show multiple 
stations for the 2010 Baja California earthquake because the seismic data is clipped at 
nearby stations. For the 2005 Mendocino earthquake, no additional waveforms were 
available at nearby stations. The β-values for the 2010 Baja California, 2005 Mendocino, 
and 2006 Baja California are all > 2, indicating significant microearthquake triggering 
has occurred. 
 
2.4.3 Geysers Geothermal Field 
We examined 148 distant earthquakes recorded in Geysers Geothermal Field, and 
10 of these events triggered microearthquakes (Table S2.3), which account for 6.8% of 
the 148 earthquakes we examined. These include the 2002 M7.9 Denali (σ = 26 kPa) 
[Prejean et al., 2004; Brodsky and Prejean, 2005] and the 2005 M7.2 Mendocino (σ = 18 
kPa) [Brodsky, 2006] earthquakes that were previously reported as microearthquake 
 22 
triggers in Geysers. The remaining 8 triggering earthquakes were the 23 June 2001 M8.4 
Peru (σ = 5 kPa), 2003 M7.6 Colima (σ = 4 kPa), 2006 M6.6 Baja California (σ = 4 kPa), 
13 January 2007 M8.1 Kuril Islands (σ = 12 kPa), 2009 M6.9 Baja California (σ = 21 
kPa), 10 January 2010 M6.5 Northern California (σ = 10 kPa), 2010 M8.8 Chile (σ = 9 
kPa), and 2010 M7.2 Baja California (σ = 29 kPa) earthquakes.   
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Figure 2.6 - Earthquakes triggered in Geysers Geothermal Field by the 2001 M8.4 Peru 
earthquake. Symbols and notation are the same as in Figure 2.2. We show the HOPS 
broadband waveforms because the GDXB station did not come on-line until 2004.  
Earthquakes (“x”) are listed in the ANSS earthquake catalog and are from the Geysers 
region illustrated in Figure 2.1. The β-value of 10.7 indicates that the microearthquakes 
were triggered by dynamic stresses of the 2001 Peru earthquake. 
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Figure 2.6 shows microearthquakes triggered in Geysers by the 2001 Peru 
earthquake. We detected 22 local earthquakes 5 hours prior to the P-wave arrival of the 
2001 Peru earthquake. In comparison, we identified 76 local earthquakes up to 5 hours 
after the P-wave arrival. Most of these triggered microearthquakes occurred during or 
immediately following the teleseismic surface waves of the 2001 Peru mainshock. 
Specifically, we detected over 50 microearthquakes triggered during the Rayleigh wave 
between ~2200 and ~3800 seconds. Only one smaller magnitude (M<1) was identified 
during the Love wave at ~2000 seconds. Furthermore, we detected 49 and 147 triggered 
microearthquakes during and immediately following the surface waves of the 2009 and 
2010 Baja California earthquakes, respectively, with ~25 events occurring prior to the P-
wave arrival in both cases (Figure 2.7a, 2.7c). We note that microearthquake activity 
triggered by the 2010 Baja California earthquake continued long after the surface waves 
passed. We also detected an increase in seismicity during the surface waves of the 2010 
Northern California earthquake, a M6.5 far-field event that occurred 230 km (~13 fault 
lengths) away from Geysers (Figure 2.7e). For this earthquake, we used a 10 Hz high 
pass filter to avoid contamination of teleseismic body wave coda and observe events 
triggered during the surface waves (Figure S2.3). A similar M6.1 earthquake that 
occurred recently (10 March 2014, not studied in depth in this work) near the epicenter of 
the 2010 Northern California earthquake also triggered microearthquakes (Figure S2.4). 
Thus, moderate-size earthquakes from off the shore of Northern California appear to 
repeatedly trigger microearthquakes in Geysers, which could be a directivity effect. 
However, we do not explore triggering by directivity in this work. 
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Figure 2.7 - Additional examples of triggering and non-triggering in Geysers Geothermal 
Field.  Symbols and notation are the same as in Figure 2.3. We do not show multiple 
stations for the 2010 Baja California and 2010 Northern California earthquakes because 
the seismic data is clipped for both events at nearby stations. The β-values for the 2010 
Baja California, 2009 Baja California, 2010 Chile, and 2010 Northern California 
earthquakes are all > 2, indicating significant microearthquake triggering has occurred. 
 
 
In addition to clear evidence of triggering by these distant earthquakes, we also 
identified several ambiguous instances. Figure 2.7b depicts the apparent triggering of 
local earthquakes by passing S- and surface waves of the 2007 Kuril Islands earthquake. 
Even though these triggered microearthquakes are coincident with the S- and surface 
waves, the β-value does not show a significant increase, i.e. β < 2. This was also observed 
for the 2003 Colima and 2006 Baja California earthquakes in that many 
microearthquakes occurred during the surface waves, but the increase of seismicity rate 
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was not significant (Figure S2.5). Furthermore, we do not consider the 2009 Samoa 
earthquake triggered local events near the Geysers because the microearthquakes 
occurring around the time of the Love wave arrival are not coincident with the surface 
wave peaks, and no microearthquakes are triggered during the Rayleigh waves as was 
observed in several other more confident cases. 
2.4.4 San Andreas Fault, Parkfield, California 
Our method for identifying triggered tremor in Parkfield for comparison to 
triggered earthquakes is similar to our method for the geothermal/volcanic regions. We 
first selected distant earthquakes (see Table S2.4) and retrieved seismic data from the 
Northern California Earthquake Data Center for the station PKD, similar to the methods 
outlined in Section 2.3. The Parkfield-Cholame segment has a high-resolution seismic 
network, but for consistency in our analysis, we opted to use only station PKD because it 
is similar to the stations found in Long Valley, Coso, and Geysers. Next, we visually 
inspected the instrument-corrected and filtered waveforms of our selected earthquakes for 
events that appeared to trigger tremors – i.e. tremors triggered by the surface waves of the 
distant earthquakes and visible on the broadband PKD station. Our filters were similar to 
those used for triggered microearthquake identification. In particular, we used both low-
frequency band-pass filters (e.g. 2-8 Hz, Peng et al. [2009]) and high-pass filters (e.g. 
>10 Hz Guilhem et al. [2010]) to detect triggered tremors. Finally, we computed β-
statistic values to test the statistical significance of the tremor that appeared to be 
triggered by distant earthquakes. The β-values were computed using a low-frequency 
earthquake (LFE) template-based tremor catalog. Shelly et al. [2009] first detected the 
LFEs along the Parkfield segment using the matched filter technique and have since 
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continued their detections in this region. Since tremor is mainly comprised of LFEs 
[Shelly et al., 2007], we used the LFE-based tremor catalog to detect increases in tremor 
activity following the passing of seismic waves from a distant event. Parkfield LFEs are 
detected using a 2-8 Hz matched band-pass filter across the entire high-resolution seismic 
network and require a correlation sum across all stations ≥ 4.0 [Shelly and Hardebeck, 
2010]. In short, the β-values were computed similar to our analysis for detecting triggered 
microearthquakes in the geothermal/volcanic regions (i.e. equation 2.1); however, we 
used the matched-filter detected LFEs instead of hand-picking events. 
Given these analysis steps, we examined 153 distant earthquakes and found that 
14 of the distant earthquakes triggered tremors along the Parkfield-Cholame segment of 
the SAF. These 14 earthquakes account for the 9.2% of the 153 earthquakes we 
examined. All distant earthquakes identified as triggers can be see in Tables S2.4 and 
S2.5. We did not find any instances of distant earthquakes triggering microearthquakes 
near Parkfield, an observation similar to Kane et al. [2007] who investigated remote 
triggering along the San Jacinto Fault in southern California. Figure 2.8 shows a 
comparison of the triggered behaviors caused by the 2011 Mw9.0 Tohoku-Oki 
earthquake, as recorded in Parkfield (σ = 10 kPa), Long Valley (σ = 10 kPa), Coso (σ = 7 
kPa), and Geysers (σ = 9 kPa). While clear tremor was observed at Parkfield [Chao et al., 
2013; Hill et al., 2013], we did not observe any clear statistically significant increase of 
instantaneously triggered microearthquakes in the three geothermal/volcanic regions, 
though Long Valley appears to have a delayed increase in seismic activity. An additional 
example is the 28 October 2012 M7.7 Haida Gwaii earthquake (Figure S2.6). There is 
clear evidence of triggered tremor in Parkfield during the teleseismic waves that generate 
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dynamic stress of ~5 kPa. However, this mainshock did not trigger any microseismicity 
in the geothermal/volcanic regions – Long Valley (σ = 15 kPa), Coso (σ = 11 kPa), or 
Geysers (σ = 10 kPa). While there is some earthquake activity during the surface waves 
in Coso and Geysers, these microearthquakes are not coincident with the surface wave 
peaks as observed in other triggering cases (e.g., Figure 2.4) and are perhaps just a 
continuation of the background seismicity. 
Figure 2.8 - Example of the 2011 Mw9.0 Tohoku-Oki earthquake that did not trigger 
earthquakes in the geothermal regions but did trigger tremor in Parkfield, CA. In each 
panel, the broadband transverse, high-passed > 5 Hz filtered envelope, and broadband 
vertical waveforms are plotted. Yellow circles = detected LFEs; Red circles = hand-
picked microearthquakes. Vertical bar in each panel indicates the amplitude for 
broadband data. Instantaneous and delayed β-values are indicated. β-statistics in 




2.5 Characteristics of Triggered Activity 
As mentioned before, for earthquakes that appeared to trigger microearthquakes 
in the geothermal/volcanic regions, we hand-picked local earthquakes 5 hours before and 
after the P-wave arrival. In addition to using them for the β-statistic calculations, we 
examined the temporal evolution of local seismicity patterns in these regions before and 
after the distant earthquakes (Figure 2.9). Figure 2.9a shows that the seismicity rate in 
Long Valley after the P-wave arrival of the 2010 Baja California earthquake is greater 
than the background seismicity rate. Similarly, Figure 2.9b depicts a seismicity rate 
greater than the background rate in Geysers following the 2001 Peru earthquake. The 
2010 Baja California earthquake occurred 1,100 km (~28 fault lengths) away from Long 
Valley, while the 2001 Peru earthquake occurred ~8,000 km (~50 fault lengths) away 
from Geysers. Thus, the wavetrain of the Baja California earthquake is much shorter in 
duration and triggering occurs closer to its origin time, as compared to the 2001 Peru 
earthquake. However, the seismicity rate in Long Valley remains above the background 
level for at least 4000 s following the 2010 Baja California event, long after the passage 
of the large-amplitude surface waves. On the other hand, local earthquakes in Geysers 
were mostly triggered by the Rayleigh wave of the 2001 Peru earthquake, outlined in the 
box of Figure 2.9b (see also Figure 2.6). As such, the seismicity rate clearly returns to the 




Figure 2.9 - Triggered seismicity rates. Gray squares = seismicity rates prior to the P-
wave arrival; Black circles = seismicity rates after.  Thick solid and dashed lines are 
Omori’s law decay rate p = 1 and 0.5, respectively. In (a) and (b), waves traveling 
between 5 km s-1 to 2 km s-1 arrive in the time window marked with the turquoise 
background (see Section 2.6). (a) Triggering example of the 2010 Baja California 
earthquake in Long Valley and (b) 2001 Peru earthquake in Geysers. (c) Stacked hand-
picked local earthquake catalogs for all triggering cases.  Red line = Omori’s law decay 




To further investigate the overall temporal behavior of seismicity rates following 
the many triggering and non-triggering earthquakes we identified, we stacked all the 
triggered and non-triggered sequences, separately (Figure 2.9c-d). We found that the 
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stacked triggered seismicity rate follows an apparent Omori law decay with a decay 
constant p = 0.7 (Figure 2.9c). The seismicity rate returned to the background level at 
~3000 s after the P wave arrivals. Not surprisingly, we did not observe any changes in the 
seismicity rate for the non-triggering cases (Figure 2.9d). 
Lastly, we compared the average number of events (microearthquakes and LFEs) 
occurring before the P-wave of triggering mainshocks, as well as during the 
instantaneous triggering and delayed triggering windows. We summed the number of 
events in these windows and divided by the number of triggering earthquakes in that 
region to normalize the results (Figure 2.10). In each geothermal/volcanic region, the 
number of earthquakes occurring after the wavetrain exceeded that of events triggered 
during the wavetrain for our study period. In particular, Long Valley and Coso can trigger 
~4 times as many microearthquakes after the surface waves than those triggered directly, 
and both regions appear to instantaneously trigger the same number of earthquakes on 
average. Prior to a mainshock, more microearthquakes and tremor on average appear to 
occur in Geysers and Parkfield, respectively, and both regions appear to instantaneously 
trigger three times as many as the other two regions. Moreover, the ratio between delayed 
and instantaneously triggered events in Parkfield and Geysers is approximately half that 
of Long Valley and Coso. 
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Figure 2.10 - Average number of events occurring before, during, and after the surface 
waves per triggering earthquake by region. The number in parentheses indicates how 
many more earthquakes on average occurred after the wavetrain as compared to during 
the wavetrain. Delayed triggering is more pronounced in Long Valley and Coso, while 
more events on average are triggered instantaneously in Geysers and Parkfield. 
 
2.6 Characteristics of Triggering Waves 
Under the assumption that faults are critically stressed, we examined the PGVs of 
our triggering earthquakes to determine a stress threshold for microearthquake triggering, 
similar to previous studies of dynamically triggered earthquakes [e.g., Brodsky and 
Prejean, 2005]. In addition, we examined the PGVs of distant earthquakes that triggered 
deep tectonic tremor along the Parkfield-Cholame segment of the SAF in Central 
California to better understand the differences in the mechanisms responsible for 








Figure 2.11 – Vertical PGV and dynamic stress versus epicentral distance for 4 regions 
of California.  Yellow circles = triggering earthquakes identified in this study, red circles 
= triggering events reported in previous studies, gray circles = possible triggering events, 
and open circles = non-triggering events. PGVs were measured at from the vertical 
components of station(s) PKD for Parkfield, OMM/MCB/MDPB for Long Valley, 
JRC/JRC2 for Coso, and HOPS/GDXB for Geysers, such that secondary stations were 
used when seismic data from the primary station was not available. PGVs shown are 
measured from low-passed 1-s waveforms (see Figure 1).  For transverse PGVs, see 
Figure S2.7.  The dynamic stress is estimated using a shear rigidity of 30 GPa and a 
phase velocity of 3.5 km s-1. (a) Parkfield, (b) Long Valley, (c) Coso, and (d) Geysers. 
We consider tremor triggered in Parkfield, CA if it has been previously reported or the 
triggered tremor (1) is coincident with body and/or surface waves, (2) is observable on 
the PKD station, and (3) is statistically significant (see Section 6).  We only observed 




Figures 2.11 and S2.7 show the PGVs and dynamic stresses measured at 
Parkfield, as well as Long Valley, Coso, and Geysers for the vertical and transverse 
components, respectively. Following Brodsky and Prejean [2005], we also applied a 30-s 
low-pass filter to the waveforms, and re-measured these parameters (Figures S2.8 and 
S2.9).  We found that the two newly identified distant events (2005 Mendocino and 2010 
Baja California earthquakes) that triggered microearthquakes in Long Valley also 
produced at least 5 kPa of dynamic stress (when low-passed 30-s), similar to observations 
of Brodsky and Prejean [2005]. However, we observed triggering in Coso and Geysers 
by distant earthquakes generating as low as ~1 kPa of vertical dynamic stress (when low-
passed at 30-s). The Parkfield segment also requires less dynamic stress (~1 kPa) to 
trigger tremors compared to the stress (> 5 kPa) needed to trigger microearthquakes in 
Long Valley.  In addition, there are a number of earthquakes that generate dynamic 
stresses above 1 kPa that do not trigger microearthquakes in Long Valley, Coso, or 
Geysers, 94%, ~74%, and ~67% of earthquakes with vertical dynamic stress > 1 kPa, 
respectively (when low-passed 30-s). For this reason, we also examined the surface wave 
amplitude spectra generated by all distant earthquakes we examined (Tables S2.1-S2.4). 
Following Peng et al. [2009], we computed the arrival times of the 5 km s-1 and 2 km s-1 
wave arrivals, cut the transverse and vertical velocity instrument-corrected data between 
these times, integrated the data to obtain displacement, and then computed the fast-
Fourier transform (FFT). Finally, we smoothed the amplitude spectra with a sliding 
window of 5 points [Peng et al., 2009]. As shown in Figures S2.10 and S2.11, most 
earthquakes with large, long-period amplitude spectra triggered microearthquakes in 
Long Valley, Coso, and Geysers. However, there are a few cases where non-triggering 
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earthquakes generated amplitude spectra similar to earthquakes that triggered 
microearthquakes in the three geothermal/volcanic regions studied here. Thus, while 
long-period shaking (>10s) can cause triggering in the three geothermal/volcanic regions, 
there is no clear dominant period solely responsible for triggering microearthquakes. 
2.7 Discussion and Conclusions 
In this study [Aiken and Peng, 2014], we provided evidence of long-term 
microearthquake triggering in three geothermal regions of California – Long Valley 
Caldera, Coso Geothermal Field, and Geysers Geothermal Field. We examined 148-156 
earthquakes in each geothermal region and found that 2.0%, 3.8% and 6.8% of our distant 
earthquakes triggered microearthquakes in these regions, respectively. These percentages 
are mainly based on the β-statistic. However, as a secondary test, we applied the Z-
statistic [e.g. Aron and Hardebeck, 2009]. While 1-2 sequences are different, the overall 
percentage of triggering in each region is similar to those when using the β-statistic 
(Table S2.6). We also verified the robustness of our findings over a longer time window 
(± 5 days) using a combined ANSS recorded catalog with our hand-picked events for 
several events (Figure S2.12) and confirmed that the triggering for these sequences are 
statistically significant.  
In total, we identified 10 unique, distant earthquakes that triggered 
microearthquakes in Long Valley, Coso, and/or Geysers (Table 2.1). Among them, the 3 
November 2002 M7.9 Denali, 15 June 2005 M7.2 Mendocino, and 4 April 2010 M7.2 
Baja earthquakes triggered small magnitude (< M2) earthquakes in all three regions, in 
addition to triggering tremor on Parkfield-Cholame section of the SAF. Furthermore, 
most microearthquakes triggered in the three geothermal/volcanic regions were not 
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detected by automated earthquake catalogs (e.g., ANSS) likely due to their low 
amplitudes (< M2). Although we did not locate the triggered microearthquakes, we 
maintain that the microearthquakes occur locally to each region, as we required 
microearthquakes to have a S−P time < 10 seconds and to contain high frequencies (e.g., 
Figure 2.2c. 
Table 2.1. Summary of 15 triggering earthquakes a 
   Date 
(mm/dd/yyyy) 
Origin 
Time Magnitude Parkfield Geysers Coso 
Long 
Valley 
4/4/2010 22:40:42 7.2 Y                  (0.321) 
Y                  
(0.285) 
Y                  
(1.020) 
Y                  
(0.782) 
8/3/2009 17:59:56 6.9 Y                  (0.242) 
Y                  
(0.210) 
Y                  
(0.348) 
N                  
(0.227) 
11/3/2002 22:12:42 7.9 Y                  (0.214) 
Y                  
(0.256) 
Y                  
(0.365) 
Y                  
(0.428) 
3/11/2011 5:46:24 9.1 Y                  (0.102) 
N                  
(0.085) 
N                  
(0.070) 
N                  
(0.102) 
6/15/2005 2:50:54 7.2 Y                  (0.095) 
Y                  
(0.184) 
Y                  
(0.081) 
Y                  
(0.183) 
9/29/2009 17:48:11 8.1 Y                  (0.082) 
N                  
(0.089) 
N                  
(0.075) 
N                  
(0.090) 
1/4/2006 8:32:32 6.6 Y                  (0.080) 
Y                  
(0.038) 
Y                  
(0.077) 
N                  
(0.130) 
2/27/2010 6:34:12 8.8 Y                  (0.079) 
Y                  
(0.085) 
Y                  
(0.094) 
N                  
(0.141) 
12/26/2004 0:58:53 9 Y                  (0.063) 
N                  
(0.076) 
N                  
(0.104) 
N                  
(0.160) 
6/23/2001 20:33:14 8.4 Y                  (0.057) 
Y                  
(0.051) 
N                  
(0.092) 
N                  
(0.099) 
1/22/2003 2:06:35 7.6 Y                  (0.050) 
Y                  
(0.040) 
N                  
(0.061) 
N                  
(0.046) 
10/28/2012 3:04:09 7.8 Y                  (0.049) 
N                  
(0.095) 
N                  
(0.108) 
N                  
(0.146) 
1/13/2007 4:23:21 8.1 Y                  (0.042) 
Y                  
(0.117) 
N                  
(0.046) 
N                  
(0.084) 
1/10/2010 0:27:39 6.5 Y                  (0.035) 
Y                  
(0.095) 
N                  
(0.039) 
N                  
(0.055) 
9/5/2012 14:42:08 7.6 Y                  (0.027) 
N                  
(0.026) 
N                  
(0.040) 
N                  
(0.059) 
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a Y = trigger; N = not a trigger; PGVs (low-passed at 1-s) in parentheses beneath Y or N. 
 
Previous studies have suggested that dynamic triggering of earthquakes and 
tremors may be dependent upon amplitude and frequency of incident surface waves [e.g. 
Brodsky and Prejean, 2005; Peng et al., 2009]. In our study, the 2002 Denali, 2005 
Mendocino, and 2010 Baja earthquakes generated over 10 kPa of dynamic stress in each 
of the 4 regions where we observed triggered phenomena. Specifically, we found that 
Long Valley required a slightly higher dynamic stress for microearthquake triggering 
than Coso and Geysers, i.e. ~5 kPa and ~1 kPa respectively when low-pass filtered 30-s 
(Figures S2.8-S2.9). Similar to Coso and Geysers, Parkfield tremors can be triggered by 
dynamic stresses as little as ~1 kPa, even though triggering in Parkfield is more abundant 
than in Coso and Geysers.    
We note that some earthquakes that generated large dynamic stresses triggered 
tremors in Parkfield but did not trigger microearthquakes in Long Valley, Coso, or 
Geysers (Table 2.1). For example, the 26 December 2004 M9.0 Sumatra earthquake is 
one of the largest earthquakes to have occurred in the past decade. Yet, the 2004 Sumatra 
earthquake did not trigger microearthquakes in any of the geothermal/volcanic regions of 
California we examined, even though increased earthquake activity had been observed in 
an active geothermal region of Alaska following the same event [West et al., 2005]. One 
possible explanation is that the geothermal/volcanic regions can experience prominent 
earthquake activity prior to the arrival of large amplitude surface waves, resulting in the 
loss of accumulated stress and the near-critical state needed for triggering to occur 
(Figure S2.13). This could be the case for Coso, where a swarm-like sequence occurred 
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about 3 hours before the Sumatra mainshock, but we did not see any obvious increase of 
seismic activity right before the mainshock in the other two geothermal/volcanic regions. 
Previous studies have also suggested that microearthquake triggering may occur 
after surface waves have already passed either by aftershock decay [Brodsky, 2006] or by 
multiple surface waves circling the earth [Peng et al., 2011]. While we did not observe 
any additional triggering by multiple surface waves circling the earth in this study, we did 
find that triggered microearthquakes can occur both swarm-like when examining 
triggered sequences individually and as Omori law decay (p=1) when considering all 
triggered sequences (Figure 2.9). However, the Omori law decay we observed could be 
affected by the stacking of the triggered catalogs. That is to say, that the time period over 
which surface waves pass in these regions varies based on each earthquake’s epicentral 
distance, and therefore triggered microearthquakes can occur over a wide period of time.  
In addition, we only observed 8 cases where microearthquakes or tremor were delay 
triggered in total over all regions (Table S2.5-S2.6). In particular, the 2010 Baja 
earthquake was the only event to sustain seismicity long after the surfaces waves in all 
three geothermal regions, as captured by our β-statistic analysis. Moreover, delayed 
triggering appears to be more prominent in Long Valley and Coso where triggering 
occurs less frequently (e.g., Figure 2.10). 
Hill and Prejean [2014] suggested that areas of elevated background seismicity 
are more susceptible to dynamic triggering. One distinct feature that could explain the 
subtle differences in triggering responses in the three geothermal/volcanic regions studied 
here is their background seismicity rates. To examine this further, we selected all 
earthquakes between 2000 and 2012 from the ANSS catalog for each study region and 
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computed the Gutenberg-Richter frequency-size relationship, after normalizing by the 
area of each region (Figure 2.12). While their b-values are somewhat similar, their a-
values (or inferred total number of events at magnitude 0) vary and appear to coincide 
with the quantity of triggers identified in each region. That is to say, the Geysers 
responded more to passing seismic waves and has the highest background seismicity rate. 
Moreover, Geysers and Coso appears to have higher heat flow than Long Valley (Figure 
S2.14), and Geysers is home to the world’s largest geothermal power plant with the 
installed capacity of ~2000 MW, while the installed capacities at Coso and Mammoth 
near Long Valley are 270 MW and 40 MW, respectively [Bertani, 2012]. A higher power 
production would help to promote steam/fluid circulation in the shallow crust and hence 




Figure 2.12 – Gutenberg-Richter relationship for Long Valley, Coso, and Geysers. 
Cumulative number of events as a function of magnitude was computing using events 
listed in the ANSS catalog between 2000 and 2012. Symbol shape = region. Red symbols 
= magnitude of completeness, which was determined using the entire magnitude range 
(EMR) method in ZMAP [Woesnner and Wiemer, 2005; Wiemer, 2001]. Black symbols 
= the a-values for each region. Solid lines are b-values.  While each region has a 
somewhat similar b-value, their background seismicity rates (a-values) vary. 
 
 
When comparing the three geothermal/volcanic regions with the Parkfield-
Cholame section of the SAF, it appears that distant earthquakes trigger tremor more often 
than microearthquakes. However, there is a wide range of variability on how tremor is 
triggered in other regions. For example, many tremor episodes have been found in 
Southwest Japan [Miyazawa et al., 2008; Enescu et al., 2013; Chao and Obara, 2012], 
Vancouver Island [Rubinstein et al., 2007, 2009], southern Taiwan [Chao et al., 2012b], 
and other transpressional tectonic settings [e.g., Aiken et al., 2013b; Peng et al., 2013]. 
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The inferred tremor triggering threshold is roughly on the range of 1-10 kPa. On the other 
hand, a few recent studies found that the 2002 Mw7.9 Denali Fault earthquake is the only 
distant even associated with clearly triggered tremor at the San Jacinto and the Calaveras 
faults, as well as in Simi Valley [Chao et al., 2012a; Wang et al., 2013; Yang and Peng, 
2013].   
One may also suspect that we observed more triggering cases in Parkfield since 
we used a waveform based LFE catalog resulting in more local event detections, while in 
the geothermal/volcanic regions we only hand-picked local events from nearby stations.  
In addition, one may consider that the correlation coefficient (CC) used to detect LFEs 
could bias the β-values. We argue that this is unlikely for the following reasons. First, the 
average number of events per trigger appears to be similar (Figure 2.10), at least for 
Parkfield and Geysers. In addition, the matched filter technique used to detect LFEs is 
applied to the entire study period (2001-now), rather than focusing specifically during the 
time period immediately during/after large distant earthquakes, i.e. ± 5 hours with respect 
to an earthquake’s P-wave arrival. The matched filter technique also requires a 
correlation sum across the entire high-resolution seismic network ≥ 4.0 and mean CC 
value of 0.16 [e.g., Shelly and Hardebeck, 2010]. To test the effect of the detection CC on 
β-values, we also computed β-values for all possible correlation coefficients as a 
threshold (Figure S2.15) and found that only 1-2 sequences have β≤ 2 when the 
correlation coefficient is greater than the 1 times the median absolution deviation (MAD) 
for the entire time period (2001-2012). Hence, there is no bias towards detecting more 
events during teleseismic surface waves. Finally, we also visually inspected the 
waveforms at the broadband station PKD at Parkfield, a station similar to ones we used 
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for observations in the three geothermal/volcanic regions. Even though we did not use the 
high-resolution seismic network at Parkfield, we easily identified triggered tremor at 
PKD for several cases (e.g., Figures 2.8 and S2.6). Hence, while we cannot completely 
rule out its effect, we can say that the observed differences in the tremor and 
microearthquake triggering behavior are not purely caused by the differences in seismic 
network and processing techniques. 
Crustal fluids also play a role in triggering threshold. Bartlow et al. [2012] 
conducted a laboratory test of triggered stick-slip events by oscillatory loading in the 
presence of pore fluid. They found that with increasing pore fluid pressures (and hence 
smaller effective stress), the correlation between stick-slip and oscillatory loading is 
significantly increased. Their results suggested an apparent higher triggering threshold 
for microearthquakes than tremor, which is qualitatively consistent with our observation. 
While it is impossible to directly measure fluid pressure at depth, various geophysical 
methods have found very high Vp/Vs ratio, high attenuations and/or high conductivity in 
the lower crust near the tremor source regions [Shelly et al., 2006; Fry et al., 2011; 
Becken et al., 2011], suggesting the existence of near-lithostatic fluid pressure. Hence, we 
would expect to see a lower triggering threshold for tremor due to the elevated fluid 
pressure. In contrast, fluid pressure in the shallow crust of the geothermal/volcanic 
regions is likely hydrostatic in most areas, which could explain the differences in 
earthquake and tremor triggering thresholds. This is also in agreement with observations 
of tidally modulated tremor [Thomas et al., 2012], while microearthquakes are only 
weakly modulated by tides or not at all [Cochran et al., 2004; Vidale et al., 1998]. 
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In summary, Long Valley, Coso, and Geysers respond differently to seismic 
waves from distant sources. The differences, as observed here, include how frequently 
the region is triggered, how much dynamic stress is needed to trigger microearthquakes, 
and even how many microearthquakes can be triggered during and after seismic waves 
have passed in each region. The frequency of triggering in each region can be best 
explained by their background seismicity rates. Triggering occurs as a result of varying 
amplitudes and frequencies, and microearthquake triggering will continue to occur if the 
conditions are favorable, i.e. seismic waves of large amplitude, distant earthquakes 
propagating through a seismically productive, geothermal region where faults are 
critically stressed and fluids are present. However, it remains to be shown whether 
triggered tremor and geothermal/volcanic regions outside of California exhibit similar 
characteristics. 
2.8 Data and Resources 
The Advanced National Seismic System (ANSS) earthquake catalog as well as 
Northern California Seismic Network waveforms, response files, and station locations are 
all accessible via the Northern California Earthquake Data Center website 
(www.ncedc.org, last accessed 11 March 2015). Southern California Seismic Network 
waveforms, response files, and station locations are accessible via the Southern 
California Earthquake Data Center website (www.data.scec.org, last accessed 11 March 
2015). We used Seismic Analysis Code (SAC) to process all waveform data. The Mc, a, 
and b values of Figure 2.12 were derived using ZMAP software for MATLAB 2010b, 
which is openly available at http://www.seismo.ethz.ch/prod/software/zmap/index_EN 
(last accessed 11 March 2015). Heat flow values in Figure S2.14 were obtained from 
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http://geomaps.wr.usgs.gov/heatflow/table.htm (last accessed 11 March 2015). All 
figures were made using either GMT version 4 or MATLAB 2010b.  Table 1 was made 
using Microsoft Excel. 
2.9 Supplemental Information 
 This section contains fifteen figures and links for six tables that are referenced in 
the previous sections. 
2.9.1 Supplemental Figures 
Figure S2.1 - Hand-picked local earthquakes occurring in Long Valley Caldera around 
the P-wave arrival for the 15 June 2005 M7.2 Mendocino earthquake. Symbols and 
notation are the same as in Figure 2.2b. 
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Figure S2.2 - Hand-picked local earthquakes occurring in Coso Geothermal Field around 
the P-wave arrival of two earthquakes. (a) 4 January 2006 M6.6 Baja California (b) 4 
April 2010 Mw7.2 Baja California. Symbols and notation are the same as in Figure 2.2b. 
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Figure S2.3 - Spectrogram of 10 January 2010 M6.5 Northern California earthquake. (a) 
Broadband transverse component recorded at station GDXB. (b) High-pass 10 Hz filtered 
waveform. (c) Corresponding spectrogram indicating the 10 Hz high pass filter needed to 
avoid contaminating body waves. 
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Figure S2.4 - Recent example of earthquakes triggered in Geysers by a second moderate-
size earthquake occurring off the shore of Northern California. (a) Map indicating the 
Geysers study region (black box) and location of the 10 January 2010 M6.5 and 10 March 
2014 M6.1 Northern California earthquakes. Plate boundaries are in light gray. (b) 
Broadband transverse, high-passed > 5 Hz filtered envelopes, and broadband vertical 
waveforms are plotted. Red circles = hand-picked earthquakes. Vertical bar = amplitude 
of broadband waveforms. β-values are indicated. 
 
Figure S2.5 - Local earthquakes possibly triggered in Geysers Geothermal Field by the 
22 January 2003 M7.6 and 4 January 2006 M6.6 Baja California earthquakes.  Symbols 
and notation are the same as in Figure 2.3. 
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Figure S2.6 - Example of the 28 October 2012 Mw7.7 Haida Gwaii earthquake that did 
not trigger earthquakes in the geothermal regions but did trigger tremor in Parkfield, CA. 









Figure S2.7 - Transverse PGV and dynamic stress versus epicentral distance for 4 
regions of California. Symbols and notation are the same as in Figure 2.11. PGVs shown 
are measured from low-passed 1-s waveforms. The dynamic stress is estimated using a 
shear rigidity of 30 GPa and a phase velocity of 4.1 km s-1. (a) Parkfield, (b) Long 




Figure S2.8 - Vertical PGV and dynamic stress versus epicentral distance for 4 regions 
of California. Symbols and notation are the same as in Figure 2.11. PGVs shown are 
measured from low-passed 30-s waveforms. The dynamic stress is estimated using a 
shear rigidity of 30 GPa and a phase velocity of 3.5 km s-1. (a) Parkfield, (b) Long 




Figure S2.9 - Transverse PGV and dynamic stress versus epicentral distance for 4 
regions of California. Symbols are the same as in Figure 2.11. PGVs shown are measured 
from low-passed 30-s waveforms. The dynamic stress is estimated using a shear rigidity 
of 30 GPa and a phase velocity of 4.1 km s-1. (a) Parkfield, (b) Long Valley, (c) Coso , 




Figure S2.10 - Surface wave spectra of instrument-corrected transverse displacement 
waveforms for 4 regions of California. Colored lines = triggering and possible triggering 





Figure S2.11 - Spectra of selected vertical displacement seismograms for 4 regions of 
California. Symbols and notation are the same as in Figure S2.10. (a) Parkfield, (b) Long 
Valley, (c) Coso, (d) Geysers. 
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Figure S2.12 - Examples of statistically significant triggering ± 5 days around 
mainshocks. (a) 2010 Mw7.2 Baja California sequence in Long Valley. (b) 2009 M6.9 
Baja California sequence in Coso. (c) 2001 M8.4 Peru sequence in Geysers. In each 
panel, circles represent earthquakes in the ANSS and our hand-picked earthquakes. For 
the ANSS catalog, we use only events above the Mc value (see Figure 2.12). For the 
hand-picked events, we estimated the magnitude as described in Section 2.3. Red line = 




Figure S2.13 - Example of increased local earthquake activity in Coso Geothermal Field 
prior to the arrival of seismic waves of the 26 December 2004 M9.0 Sumatra earthquake. 
Color depicts region: Yellow = Geysers, red = Long Valley, and turquoise = Coso. 
 
Figure S2.14 - Heat flow data for the three geothermal regions. In (a)-(c), colored 
squares = location and magnitude of the heat flow measurements. Legend for the heat 
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flow magnitudes is in (d). The triangles in (d) represent the main reference stations, as 
represented in Figure 2.1d. 
 
Figure S2.15 - Variation in β-value with CC value for tremor triggered by the 2012 
Haida Gwaii earthquake. (a) Cumulative CC sum across all stations vs. median CC value 
of all stations used for LFE detection. Median of all median CC values from 2001-2012 
and 1 times the median absolution deviation (MAD) are indicated. (b) Instantaneous β-
value vs. changing median CC detection threshold. Filled = significant increase in 
activity; Open = insignificant. (c) Delayed β-value vs. changing median CC detection 
threshold. 
 
2.9.2 Supplemental Tables 
Supplemental tables of Aiken and Peng [2014] are quite large and not suitable for 
placement within this document. Therefore, they have been made available via 
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http://geophysics.eas.gatech.edu/people/cautry6/temp/supplementals/dissertationCh2/ 
(last accessed 11 March 2015). Below is a list of the table numbers and a brief 
description of their contents. 
 
Table S2.1 – Event list for Long Valley Caldera 
 
Table S2.2 – Event list for Coso Geothermal Field 
 
Table S2.3 – Event list for Geysers Geothermal Field 
 
Table S2.4 – Event list for Parkfield, CA 
 
Table S2.5 - β-values for events that appear to trigger in Parkfield and the 
three geothermal regions 
 
Table S2.6 – Z-values for events that appear to trigger in Parkfield and the 




REMOTE TRIGGERING OF NON-VOLCANIC TREMOR ALONG 
THREE STRIKE-SLIP FAULTS 
The results presented in this chapter are from the publish works of Aiken et al. [2013a] 
and Aiken et al. [2015b], as well as from the manuscript of Aiken et al. [2015a], which is 
in preparation for publication. 
Summary 
We conduct a systematic search of remotely triggered tremors along the Queen 
Charlotte Margin in western Canada [Aiken et al., 2013a], the eastern Denali Fault in the 
western Yukon territory of northwest Canada [Aiken et al., 2015b], and the Enriquillo-
Plantain Garden Fault of the southern Haiti peninsula [Aiken et al., 2015a]. In each 
region, we identify triggered tremor as non-impulsive, high-frequency signals coherent 
among several stations and coincident with passing surface waves. At least one distant 
earthquake is found to trigger tremor in each region (some times more), and we locate the 
triggered tremor sources via grid search using a S-wave velocity model unique to each 
region. Similar to the observations in other regions, the triggered tremors were often 
initiated by the Love waves and continued during the subsequent Rayleigh waves. In 
addition, we find that the triggering potential for each region is controlled by a 
combination of amplitude, period, and incident angle. 
3.1 Introduction 
Dynamic stresses from large earthquakes are capable of triggering a wide range of 
seismic/aseismic responses at remote distances by a process known as ‘dynamic 
triggering’ [Hill and Prejean, 2014]. These include instantaneous triggering of 
microearthquakes [e.g., Velasco et al., 2008; Jiang et al., 2010; Aiken and Peng, 2014], 
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deep tectonic tremor [e.g., Peng and Gomberg, 2010], earthquake swarms [Gonzalez-
Huizar et al., 2012], slow-slip events [Hirose et al., 2012; Zigone et al., 2012], and near-
surface icequakes [Peng et al., 2014]. Among these seismic/aseismic responses, tremor 
has been observed in a number of plate-bounding tectonic environments around the 
Pacific Rim [Peng and Gomberg, 2010; Beroza and Ide, 2011; and references therein].  
Compared to earthquakes, tremor is a non-impulsive, emergent signal embedded 
with low-frequency earthquakes that are generated by shear slip, typically at depths 
greater than the seismogenic zone [e.g., Shelly et al., 2007]. Icequakes, on the other hand, 
occur as a result of many physical processes, such as calving, crevassing, and basal shear 
slip at the bed of the ice sheet [Nettles and Ekström, 2010]. Although dynamic triggering 
of seismic activity has been widely observed, it is still not clear what local conditions are 
necessary for it to occur. Systematic studies of dynamic triggering not only help us to 
understand how large earthquakes affect seismic/aseismic processes at remote distances 
but also improve our understanding of the necessary physical conditions responsible for 
failure to occur. 
In this chapter, the first evidence of triggered tremor along three transform faults 
will be presented, namely along the Queen Charlotte Margin in Haida Gwaii, Canada 
(Section 3.2)[Aiken et al., 2013a], the eastern Denali Fault in the western Yukon 
Territory, Canada (Section 3.3) [Aiken et al., 2015b], and the Enriquillo-Plantain Garden 
Fault in the southern Haiti peninsula (Section 3.4) [Aiken et al., 2015a]. In each of these 
regions, we examine waveforms for possible high-frequency tremor signals triggered by 
the surface waves of teleseismic earthquakes. Searching for triggered tremor is relatively 
easier than searching for ambient tremor because the amplitude of triggered tremor is 
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generally larger [e.g., Peng et al., 2008; Rubinstein et al., 2007]. In addition to 
identifying triggered tremors, we also locate their sources. Finally, we examine the 
triggering potential of the teleseismic earthquakes by examining seismic wave amplitudes 
and frequencies, as well as their incidence on the faults.   
3.2 Triggering Along the Queen Charlotte Margin, Canada [Aiken et al., 2013a] 
3.2.1 Tectonic Setting 
The Queen Charlotte Margin (QCM) extends from the triple junction formed by 
the Juan de Fuca ridge, the Cascadia subduction zone, and the transform Queen Charlotte 
Fault (QCF) south of Haida Gwaii (Figure 3.1). The QCF connects to the Fairweather 
fault system further north along the Alaskan coast. The QCF is a transform boundary 
between the Pacific plate and the North American plate. These two plates move at a rate 
of ~ 5 cm yr-1 relative to each other [DeMets et al., 2010]. In addition, motion along the 
QCF does not parallel the relative motion between the Pacific and North American plates, 
unlike the SAF where motion is mostly pure shear. The discrepancy between the 
direction of plate motion and the transform QCF is ~22º [Rohr and Tryon, 2010], which 
results in a transpressive environment (i.e., transform + compression) with predominant 
right-lateral strike-slip motion. Such a compressional environment is revealed by the 28 






Figure 3.1 - Map view of Queen Charlotte Margin. Black lines = faults/plate boundaries.  
Black arrows = ~ 5 cm yr-1 relative plate movement along the QCF. Triangles = Canadian 
National Seismograph Network (CNSN) short-period and broadband stations.  
Numbered/colored circles = average triggered tremor locations from each triggering 
earthquake. Pink star = epicentral location of the 22 August 1949 Ms8.1 earthquake. 
Orange star south of the BNB station = location of ML1.8 earthquake recorded close to 
the Love wave arrival time of the 26 December 2004 Sumatra earthquake. Turquoise star 
= recent 28 October 2012 Mw7.7 Queen Charlotte earthquake; its focal mechanism is 
indicated. Smaller turquoise stars = epicenters of its aftershocks. Bottom left inset depicts 
the incident angles of surface waves from each earthquake by number and color. Bottom 
right inset shows the location of the QCM, marked in green, with respect to western 
Canada and United States as well as the tectonic plates surrounding the QCM. White star 
in the inset = location of the 3 November 2002 Mw7.9 Denali Fault earthquake. Location 
of the BBB station is marked in the inset. 
3.2.2 Analysis and Procedure 
We first selected significant earthquakes from the Advanced National Seismic 
System (ANSS) worldwide catalog accessible from the Northern California Earthquake 
Data Center. We applied the following criteria to select the earthquakes [Peng et al., 
2009; Guilhem et al., 2010]:  the events must (1) have occurred during the 1990-2012 
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period, (2) have magnitude M ≥ 6.5, (3) have occurred at depths ≤ 100 km, and (4) 
occurred at an epicentral distance ≥ 1,000 km from the DIB station. Given these selection 
criteria, we obtained 745 earthquakes. We then estimated dynamic stresses generated by 
these earthquakes using surface-wave magnitudes, similar to van der Elst and Brodsky 
[2010] (see Appendix A). We only kept earthquakes that generated dynamic stresses 
greater than 1 kPa, which is approximately the minimum tremor triggering threshold 
identified in other regions [Peng et al., 2009; Rubinstein et al., 2009; Guilhem et al., 
2010; Chao et al., 2012b].  Eventually, we find 51 such events (Table S3.1). 
Next, we retrieved 5 hours of data following the origin times of these 51 
earthquakes recorded at the short-period and broadband stations in the Canadian National 
Seismograph Network (CNSN). We then removed the instrument responses and applied a 
5-15 Hz band-pass filter to capture local tremor activity that may have been triggered by 
the earthquake. We note that ambient tremor is mostly observed at the frequency range of 
1-10 Hz [e.g., Obara, 2002]. Here we chose the 5-15 Hz band mainly because we would 
like to remove contaminations from the regional and teleseismic P-wave signals 
associated with both the mainshock and large early aftershocks [e.g., Guilhem et al., 
2010]. Because the signal-to-noise ratio of triggered tremor is generally higher than that 
of ambient tremor [Rubinstein et al., 2007; Peng et al., 2008], we can filter the data at 
slightly higher frequency band in order to separate local tremor and distant signals.  
Broadband waveforms without clipped or poorly recorded data were rotated to the great 
circle path (GCP, radial) and a clockwise 90º rotation (transverse) direction using the 
SAC (Seismic Analysis Code) command “rotate to GCP.” After filtering the seismic data, 
we visually inspected the envelope functions and the three-component filtered seismic 
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data for tremors triggered by the large amplitude surface waves, similar to Chao et al. 
[2012a]. For broadband stations without clipped or poorly recorded data, we computed an 
average envelope by stacking the radial, transverse, and vertical component envelope 
functions and dividing by 3. We identified triggered tremors as non-impulsive, high-
frequency signals observable among several stations and coincident with the surface 
waves of the earthquakes [Peng et al., 2008].   
Finally, we located the tremor bursts that were coherent among at least 3 stations 
in the QCM using an envelope cross-correlation method [Chao et al., 2013]. Simply, we 
computed travel time differences based on cross-correlation of tremor envelopes and then 
searched for the minimum travel time residual for all possible station pairs using a S-
wave velocity model for this region, e.g., Table 2 from Bustin et al. [2007]. Since the 
source depth is not well constrained with this method, we set the depth to be 25 km based 
on the location of tremor sources along the transform SAF [e.g., Shelly et al., 2009] and 
the transpressional Alpine Fault in New Zealand [Wech et al., 2012]. 
3.2.3 Triggering Observations 
We observed tremors triggered by surface waves from 5 large, distant mainshocks 
(Table S3.1).  Figure 3.2 shows an example of tremor triggered by the 26 December 2004 
Mw9.2 Sumatra mainshock as recorded by several stations. Strong tremor bursts are 
triggered during the Love wave around 3100 – 3400 s and the subsequent Rayleigh wave 
around 4200 – 4500 s, with a few weaker tremors occurring during the longer period 
Rayleigh wave around 3500 s. We were able to identify at least 17 tremor bursts, 
coherent among 3 seismic stations.  Similarly, surface waves from the 11 March 2011 
Mw9.1 Tohoku-Oki earthquake triggered tremor, and the triggered tremor was recorded 
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by at least 3 stations (Figure 3.3 and S3.1). Strong tremor bursts are triggered during the 
Love wave around 1500-1600 s and the subsequent Rayleigh wave around 1700-1800 s, 
with a few weaker tremors occurring during the shorter period Rayleigh waves after 1800 
s.  
Figure 3.2 - Evidence of tremors triggered in QCM by surface waves from the 26 
December 2004 Mw9.0 Sumatra mainshock as recorded at multiple stations. (a) 5-15 Hz 
band-pass filtered velocity seismograms with denoted station names, channels, along-
strike distances with respect to the DIB station. Vertical blue lines = tremor burst peaks 
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hand-picked from the filtered envelope functions used for tremor location. (b) A detailed 
comparison between transverse (BHT) and vertical (BHZ) velocity (V) and displacement 
(D) seismograms and a 5-15 Hz band-pass filtered vertical seismogram. Zero-time is the 
2004 Sumatra mainshock origin time. Seismograms are time-shifted back to the tremor 
occurrence time to reflect the relationship between surface waves and tremor at the 
source region. Adjusted times are marked in red. The 4.1 km s-1 Love and 3.5 km s-1 
Rayleigh wave arrival times are marked by white and black arrows, respectively. Thick, 
vertical bars (black/red) mark the amplitude scale of the surface wave velocity and 
displacement, respectively. Vertical dashed lines = peaks of tremor envelope functions 




To compare the relationship between surface waves and tremor signals, we shifted 
the transverse and vertical components back to the tremor source based on the 4.1 km s-1 
Love and 3.5 km s-1 Rayleigh wave phase velocities [e.g., Rubinstein et al., 2009; Peng et 
al., 2009]. Similarly, we shifted a band-pass filtered waveform back to the tremor source 
based on predicted S-wave travel times. For a near strike-parallel incidence on a vertical 
strike-slip fault, the strike-parallel shear stress is proportional to the Love wave particle 
velocity [Peng et al., 2008; Hill, 2012] for two reasons. First, the maximum inflection 
point of Love wave displacement gives rise to maximum dynamic stress with associated 
double-couple source that either promotes or inhibits shear on the vertical fault place. 
Second, the maximum inflection point of displacement is equivalent to the maximum 
velocity. However, for a strike-parallel incidence on a shallow thrust fault, the dip-
parallel shear stress is proportional to the Love wave displacement [Rubinstein et al., 
2007, 2009]. This is because Love wave displacement is the greatest in the near surface 
and decreases exponentially with depth, creating a displacement gradient (strain) on a 
near-horizontal plane. Hence, when the Love wave displacement is in the seaward 
direction, the overriding plate moves more than the underlying plate, resulting in a 
positive shear strain that would load and promote thrust failure on the plate interface. 
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When the displacement is in the landward direction, a negative shear strain is induced, 
which would unload the thrust fault. Because both faulting styles are present at the QCM, 
we compare the tremor bursts to both velocity and displacement seismograms.  
Figure 3.2 shows that the first 5 tremor bursts triggered by the 2004 Sumatra 
mainshock are coherent with the peaks in the Love wave velocity. The latter 12 bursts 
show a mixed correlation with the transverse velocity and vertical displacement 
seismograms, with the latter being proportional to the dilatational stress changes 
[Rubinstein et al., 2009]. In addition to the tremor sequences triggered by the 2011 
Tohoku-Oki and 2004 Sumatra earthquakes, we were also able to identify tremors 
triggered by surface waves of the 3 November 2002 Mw7.9 Denali Fault earthquake, and 
possibly by the 27 February 2010 Mw8.8 Maule, Chile and 11 April 2012 Mw8.6 Sumatra 
mainshocks (Figure 3.3). Tremors triggered by the 2002 Denali Fault earthquake are 
more coherent with the Love wave displacements (Figure 3.3a). However, for the 2011 
Tohoku-Oki mainshock, the tremor first correlated with the Love wave velocity, and then 
later with the Rayleigh wave displacement (Figure 3.3c). 
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Figure 3.3 -  Evidence of tremors triggered by surface waves from several mainshocks as 
recorded by multiple stations. Symbols and notations are similar to Figure 3.2. (a) 3 
November 2002 Mw7.9 Denali Fault, (b) 27 February 2010 Mw8.8 Maule, Chile, (c) 11 
March 2011 Mw9.0 Tohoku-Oki, and (d) 11 April 2012 Mw8.6 Sumatra earthquakes.  
 
Locations of the triggered tremors are shown in Figure 3.1. In general, tremors 
occurred mainly in the southeastern portion of Haida Gwaii and around the QCM (Figure 
3.1 and Table S3.2). It is also possible that some tremor occurred in the northwestern 
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portion of the island. For example, the tremor signals recorded at station NDB during the 
2011 Tohoku-Oki earthquake did not match the move-out for a tremor source radiating 
from the southeast, which suggests a possible new source. However, we could not locate 
this source based on one recording. In addition, we were unable to determine accurate 
locations of tremors possibly triggered by the 2012 Sumatra earthquake because the 
tremor bursts were not coherently identifiable among at least 3 stations. 
3.2.4 Characteristics of Triggering Waves 
Similar to previous systematic studies of dynamically triggered tremors [e.g., 
Peng et al., 2009], we examined the peak ground velocities (PGVs) of our earthquakes to 
determine a stress-triggering threshold. Figure 3.4a shows the transverse PGVs, dynamic 
stresses, and back-azimuths of all examined earthquakes. The transverse PGVs were 
measured at station MOBC for earthquakes occurring before 2004 and all others were 
measured at station DIB. PGVs of the 2002 Denali and 22 January 2003 Colima events 
were corrected as outlined in the Section 3.2.7 (e.g., Figure S3.2). In order to avoid 
contamination of the PGV measurements by high-frequency local seismicity, we low-
passed filtered velocity seismograms 1-s prior to measuring the PGVs.  In addition, we 
examined the surface wave amplitude spectra generated by each earthquake used in this 
study (Figure 3.4b). For the amplitude spectra, we first computed the arrival times of the 
5 and 2 km s-1 wave velocity, cut the transverse velocity data between these times, and 
then computed the Fast-Fourier Transform (FFT). By computing the FFT between 5 and 
2 km s-1, the majority of the surface wave energy is captured. Finally, we smoothed the 
amplitude spectra with a sliding window of 5 points [Peng et al., 2009]. 
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Figure 3.4 - Analysis of peak ground velocities (PGVs) and velocity amplitude spectra. 
(a) Transverse PGVs and dynamic stresses vs. back azimuths of all examined 
earthquakes. PGVs are low-pass filtered 1-s. Yellow circles = triggering earthquakes (i.e., 
2002 Denali, 2004 Sumatra, and 2011 Tohoku-Oki), gray circles = possibly triggering 
earthquakes (i.e., 2010 Chile and 2012 Sumatra), and open circles = non-triggering 
earthquakes. (b) Transverse velocity amplitude spectra for all earthquakes examined in 
this study. Gray lines = non-triggering earthquakes, and colored lines = both triggering 
and possibly triggering mainshocks. Color indicates event name as used in Figure 3.1 and 
part (a) of this figure. Spectra that becomes linear at high frequencies is the 22 January 
2003 Colima earthquake, and this anomaly is likely due to the recording error as 
mentioned in the Section 3.2.7.1. 
 
The most promising cases of earthquakes triggering tremors around the QCM – 
the 2002 Denali, 2004 Sumatra, and 2011 Tohoku-Oki earthquakes –  generated dynamic 
stresses > 7 kPa and large, long-period (>30 s) amplitude spectra (Figures 3.4 and S3.3). 
In addition, both the Love and Rayleigh waves from these earthquakes triggered tremors. 
The 2012 Sumatra earthquake, which also generated large, long-period amplitude spectra, 
may have triggered 2 tremor bursts with the Love wave. Similarly, the 2010 Chile 
earthquake possibly triggered 1 tremor burst with the Love wave. However, it is also 
possible that the observed tremor during the Chile mainshock could be a coincidence 
because only 1 clear burst occurred during the Love wave. In comparison, the long-
period (>30 s) amplitude spectra of the Chile mainshock is lower than that of the 2002 
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Denali, 2004 Sumatra, 2011 Tohoku-Oki, and 2012 Sumatra earthquakes. In addition, 
after applying a low-pass 30s filter to the transverse velocity seismograms and measuring 
the PGVs, most of the earthquakes separate into a non-triggering and triggering group 
(Figure S3.4). 
3.2.5 Discussion and Conclusions 
In Aiken et al. [2013a], we provided clear evidence of remotely triggered tremors 
around the QCM. Despite the limited number of seismic stations in this region, we were 
able to locate the tremor sources of at least 4 triggered tremor episodes. We set the depth 
to be at 25 km because tremor source depth in other strike-slip regions is ~25-30 km 
[e.g., Peng et al., 2009]. Setting the depth may not reflect the true depth of the tremor 
sources. However, we surmise that the tremors occur deep within the QCM due to the 
fact that the tremors were coherent at 3 or more stations within ~100 km of the DIB 
station, were coincident with surface waves from earthquakes, and contained relatively 
low frequencies as compared with regular earthquakes, similar to deep, triggered tremor 
observed elsewhere [Peng and Gomberg, 2010].  
As shown in Figure 3.1, the tremor was triggered mainly to the east of the QCF 
beneath Haida Gwaii. Hence, it is tempting to conclude that tremor occurred around the 
underthrusting plate. Although the dip of the QCF is very close to vertical [Kao et al., 
2012], our average horizontal location errors are on the order of ~10 km. Thus, we cannot 
completely rule out the possibility that tremor occurred on the downward extension of the 
QCF. In addition, tremor correlated with Love wave displacement for the 2002 Denali 
Fault earthquake (Figure 3.3a) and with Love wave velocity for the 2004 Sumatra (Figure 
3.2) and 2011 Tohoku-Oki earthquakes (Figure 3.3c).  These observations also indicate 
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that we cannot rule out either low-angle thrust or vertical strike-slip mechanisms since 
the triggered tremors are modulated by both displacement and velocity seismograms, 
respectively [Hill, 2012]. In addition, we found that tremors correlated with dilatational 
Rayleigh wave stresses, suggesting pore pressure variation as a possible mechanism for 
tremor generation, which has been proposed in previous studies [e.g. Miyazawa and 
Brodsky, 2008; Rubinstein et al., 2009; Hill et al., 2013]. Therefore, we cannot make a 
conclusion on which single faulting style is responsible for the triggered tremor signals 
and leave this open for a future work.  
Previous studies have also suggested that dynamic triggering may be dependent 
upon amplitude, frequency, and back-azimuth of incoming surface waves [Brodsky and 
Prejean, 2005; Peng et al. 2009, 2010; Guilhem et al., 2010; Chao et al., 2012b]. In our 
study, most of the earthquakes exhibited near strike-parallel incidence with relatively 
fewer earthquakes having strike-normal incidence. The five earthquakes that have 
triggered tremor all had near strike-parallel incidences. In most cases, tremors were 
triggered primarily by the Love waves, and additional tremors were triggered by the 
subsequent Rayleigh waves. This is consistent with the near strike-parallel incidence for 
many triggering earthquakes and tremor, which tends to produce maximum triggering 
potential for vertical strike-slip faults and low-angle thrust faults [Hill, 2012]. Moreover, 
four of the five triggering events produced higher-amplitude long-period (>30 s) surface 
waves than non-triggering events (Figure 3.4). In summary, the fact that these five 
earthquakes triggered tremor around the QCM could be due to a combination of high 
PGVs, long-period signals, and near strike-parallel incidence. 
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We note that none of the events with strike-normal incidence triggered tremor. 
This could be caused by the fact that not many large earthquakes from that direction (i.e., 
southern Pacific) produced large enough PGVs to trigger tremor. Alternatively, they may 
have triggered weak tremor signals but were undetected by the relatively sparse network 
in this region. This could also be used to explain that a relatively high peak dynamic 
stress is needed to trigger (5-7 kPa) in this region, as compared with the 2-3 kPa 
threshold found along the Parkfield-Cholame section of the SAF [Peng et al., 2009].  
Our observations suggest that triggered tremor could occur at many places along 
major strike-slip faults and subduction zones. Although the necessary conditions for 
tremor generation are still not clear at this stage, we note that tremor predominantly 
occurs either in the compressive [e.g., Rubinstein et al., 2007] or transpressive [e.g., this 
study; Wech et al., 2012; Peng et al., 2009; Peng et al., 2013] tectonic settings. Of 
course, this could be simply a sampling bias because not many regions with extensional 
and trans-extensional tectonic settings have been examined.  
As mentioned before, the triggered tremor is not far from the epicenters of the 
recent 28 October 2012 Mw7.7 and 22 August 1949 Ms8.1 Queen Charlotte earthquakes 
[Lamontagne et al., 2008], the latter of which ruptured a total length of ~500 km along 
the QCF. In addition, weak ambient tremor has already been detected beneath the QCM 
(H. Kao, personal communication, 2012). It is still not clear what role tremor plays in 
large earthquake cycles. Some recent studies suggest that ambient tremor patterns may 
change immediately before large earthquakes [Shelly, 2009] or may be absent [Gomberg 
et al., 2012]. Thus, it is critical to improve the seismic instrumentation around the QCM 
(and elsewhere around the world) to better detect and locate both triggered and ambient 
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tremor.  This will not only help to better understand the underlying physical mechanisms 
responsible for tremor generation along major faults but also has significant hazard 
implications. 
3.2.6 Supplemental Information 
This section describes the amplitude correction for the MOBC station north 
component in the 2002 Denali and 2003 Colima cases and also contains four figures and 
two tables that are referenced here and/or in previous sections.   
3.2.6.1 Supplemental Text 
The following describes the amplitude correction for the MOBC station north 
component in the 2002 Denali and 2003 Colima cases. For the 2002 Denali Fault event, 
we have marked the transverse PGV measurements for both the MOBC and BBB stations 
(Figure 3.4). The north component at the MOBC station for this event did not accurately 
record the amplitudes by 3 orders of magnitude and therefore required a correction. To do 
so, we first removed the mean and then divided by the measured north component PGV 
from the MOBC station. Next, we multiplied the MOBC data by the measured north 
component PGV from the BBB station. We then removed the instrument response from 
the MOBC north component data and rotated the components to the great circle path to 
obtain the transverse component. Figure S3.2 shows the corrected transverse component 
at station MOBC and the time-shifted transverse component from the BBB station using 
an apparent velocity of 4.1 km s-1. The good correlation in the first few cycles of the 
Love wave indicates that our correction is acceptable. We also applied this to the 22 
January 2003 Colima earthquake that exhibited a similar amplitude recording error. 
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3.2.6.2 Supplemental Figures 
Figure S3.1 - Evidence of tremors triggered in QCM by surface waves from the 11 
March 2011 Mw9.0 Tohoku-Oki mainshock as recorded at the MOBC station. (a) 
Instrument-corrected transverse, radial, and vertical component unfiltered velocity 
seismograms with Love and Rayleigh waves marked. (b) Band-pass filtered 5-15 Hz 
instrument-corrected velocity seismogram depicting tremors triggered by the Love and 
Rayleigh waves of the Tohoku-Oki mainshock. (c) Spectrogram showing the frequency 





Figure S3.2 - Comparison of MOBC and BBB station transverse velocity components 
after correcting the amplitude of the MOBC station north component. The shifted BBB 
seismogram (gray) was shifted by the difference in 4.1 km s-1 Love wave arrival times at 
the MOBC and BBB stations. 
 
Figure S3.3 - Vertical velocity amplitude spectra for all mainshocks. Symbols are the 




Figure S3.4 - Transverse PGVs and dynamic stress vs. back azimuth for earthquakes to 






3.2.6.3 Supplemental Tables 
Table S3.1 – Event list for Queen Charlotte Margin, Haida Gwaii, Canada.
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Table S3.2 – Average tremor locations by triggering earthquake. 
 
3.3 Triggering along the Eastern Denali Fault, Canada [Aiken et al., 2015b] 
3.3.1 Tectonic Setting 
The eastern Denali Fault (EDF) resides in northwest Canada, where relative 
motion between the Pacific Plate and North American Plate changes from 
transform/strike-slip in southeast Alaska to subduction in south-central Alaska (Figure 
3.5). The Denali Fault is a major intraplate strike-slip fault that extends from central 
Alaska, US, to western Yukon Territory, Canada. It is composed of the central and 
eastern sections that are segmented by the splay Totschunda Fault. The 3 November 2002 
Mw7.9 Denali Fault earthquake [Eberhart-Phillips et al., 2003], which ruptured the 
Susitna Glacier, central Denali, and Totschunda Faults, was the largest strike-slip 
earthquake to have occurred in the United States since the great 1906 San Francisco 
earthquake. Along the EDF, earthquake activity since 1995 has been of small-to-
moderate size (Mw < 6) with both thrust and strike-slip focal mechanisms (Table S3.3). 
These focal mechanisms indicate that the EDF is a transpressional environment. 
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Figure 3.5 - Map view of study region.  Black lines: fault traces. Gray dots: background 
seismicity during 2010-2013 from the ANSS earthquake catalog. Gray triangles: AK 
network stations. Black triangles: CN network stations. Focal mechanisms: moderate-size 
events (Mw > 3.8) occurring on or near the EDF since 1995 (see Table S3.3). Focal 
mechanism of the Mw7.9 Denali Fault earthquake is also marked. White arrow: relative 
Yakutat block – North American plate motion. Numbered circles: average location of 
tremor triggered by the Indian Ocean (1), Haida Gwaii (2), and Craig (3) earthquakes. 
Inset: Location of study region (black box) with the black triangle marking HYT station. 
Numbered lines: great circle path of the Indian Ocean (1) and Tohoku-Oki (4) 
earthquakes. Stars: locations of the Haida Gwaii (2), Craig (3), and Nenana (5) 
earthquakes.  
3.3.2 Analysis and Procedure 
Our analysis procedure generally follows that of Aiken et al. [2013a] previously 
detailed in Section 3.2.2 and is briefly described here. First, we searched the Advanced 
National Seismic System (ANSS) catalog for distant earthquakes that occurred between 
August 2010 and May 2013 and had magnitude M ≥ 5.5, depth ≤ 100 km, and an 
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epicentral distance ≥ 100 km from station HYT. We select shallow, large magnitude 
earthquakes because these events generate large amplitude surface waves capable of 
triggering seismic activity on critically stressed faults. We also choose earthquakes over 
100 km from the study region so that the triggered seismic activity we are searching for is 
not obscured by body wave coda. Using these parameters, we identified 1,369 distant 
earthquakes. Next, we estimated the dynamic stress of each selected earthquake at station 
HYT using a surface-wave magnitude Ms relationship [van der Elst and Brodsky, 2010; 
Aiken et al., 2013a] (see Appendix A). The surface-wave magnitude Ms relationship 
assumes that the magnitude listed in the ANSS catalog is equivalent to Ms.  Because 
earthquakes that generate > 1 kPa of dynamic stress are known to have triggered tremor 
in other transform environments [Guilhem et al., 2010], we used this threshold to reduce 
the selected earthquakes from 1,369 to 19 events (Table S3.4).  
After identifying earthquakes of interest, we obtained 12 hours of seismic data 
around the origin time of the distant earthquakes from the nine CNSN broadband stations.  
We removed the instrument response and rotated the horizontal components to the great 
circle path (radial) and a 90° clockwise rotation direction (transverse). The rotation was 
performed using the “rotate to GCP” command in Seismic Analysis Code with a normal 
polarity, which is based on a left-handed coordinate system, with vertical up, radial away 
from the source, and the left face of the transverse component along the positive radial 
component. For seismic data without clipped or poorly recorded data, we applied two 
band-pass filters (1-10 Hz, 5-15 Hz) to events that occurred > 1,000 km away to detect 
locally triggered activity and to avoid aftershock P-wave contamination. For events that 
occurred at distances < 1,000 km, we applied a high-pass (> 20 Hz) filter [Guilhem et al., 
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2010] to avoid contaminating P-wave and S-wave signals of the mainshock and its early 
aftershocks (e.g., Figure 3.6). Finally, we visually inspected the filtered three-component 
data for seismic events triggered by surface waves of the distant earthquakes. We 
characterized long-duration (> 10 s) triggered tremor as emergent signals with no 
discernible P/S arrivals that are modulated by surface waves of distant earthquakes 
(Sections 3.3.3.1). In contrast, we characterized short-duration (< 5 s) triggered seismic 
events as bursts with sometimes sharp, distinguishable peaks that are modulated by 
surface waves of distant earthquakes (Section 3.3.3.2). We also compared the occurrence 
times of short-duration events with the ANSS catalog and the Natural Resources Canada 
(NRCan) earthquake catalog to check whether the short-duration events were local 
earthquakes. 
If the triggered tremor was visible on at least three stations, we determined the 
location of the tremor bursts using an envelope cross-correlation method [Chao et al., 
2013]. For each station that recorded triggered tremor, we calculated the envelope of the 
filtered radial, transverse and vertical components, and then stacked and divided by three 
to create an averaged envelope function. From the averaged envelopes, we manually 
identified peaks of each tremor burst and then cross-correlated the envelopes to compute 
travel time differences between events and station pairs based on these picks. Using a 
simple two layer S-wave velocity model (Table S3.5) for this region [Meighan et al., 
2013], we computed the location of each tremor burst based on the minimum travel time 
residual for all possible station pairs. Because depth is not well constrained in the 
envelope cross-correlation method, we set the depth to be 25 km, a depth similar to 
previous studies of tremor on strike-slip faults [e.g., Shelly, 2009]. With our envelope 
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cross-correlation method, epicentral locations of the sources change only by ~5 km when 
focal depth is varied from 0-25 km. 
3.3.3 Triggering Observations 
3.3.3.1 Tectonic Tremor 
For the 19 earthquakes examined in this study, we identified four (two clear, two 
possible) instances of tremor triggered by distant earthquakes (Table 3.1). Figure 3.6 is an 
example of tremor triggered by the 28 October 2012 Mw7.8 Haida Gwaii earthquake. The 
mainshock occurred relatively close to the EDF region (~960 km), so the amplitudes and 
frequency contents of the P-wave from the mainshock and its coda were quite high 
compared to other more distant events. Therefore, we applied a high-pass (> 20 Hz) filter 
to reveal local tremor signals, similar to Guilhem et al. [2010]. We found more than 10 
tremor bursts at station HYT that occurred during the large-amplitude, long-period 
surface waves. These bursts have relatively long-duration (>10 s) and show no clear P/S 
arrivals, similar to triggered tremor observed in other tectonic settings [Peng and 
Gomberg, 2010]. A link to the corresponding animation with sound is provided in 









Table 3.1 - Event information for triggering earthquakes.*   
   Epicentral Back Transverse Vertical 
 Origin  Distance Azimuth PGV PGV 
Date Time Magnitude (km) (degree) (cm s-1) (cm s-1) 
March 11, 2011 05:46:24 9.0 5876 283 0.213 0.249 † 
April 11, 2012 08:38:37 8.6 11790 307 0.195 0.079 † 
October 28, 2012 03:04:09 7.7 953 157 1.090 1.310 ‡ 
January 5, 2013 08:58:19 7.5 626 163 2.500 1.570 ‡ 
*Distance, back-azimuth, and peak ground velocity (PGV) measured at station HYT.  
†Possible triggering  
‡Clear triggering 
 
Figure 3.6 - Tremor triggered by the Haida Gwaii earthquake as recorded by station 
HYT. (a) Instrument-corrected broadband transverse (HHT) and vertical (HHZ) 
components. (b) High-pass filtered > 20 Hz transverse component. (c) Spectrogram. 
Dashed line: 20 Hz corner frequency used in the high-pass filter to remove the P and 
coda waves from the distant mainshock. The narrow frequency band near 30 Hz recorded 
from roughly 350 to 375 seconds after the mainshock could possibly be either 
instrumental or local noise. This same frequency band is recorded periodically and has 
the same duration throughout the 12-hour waveform retrieved for analysis.  
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Tremor occurred both during the Love and Rayleigh waves of the Haida Gwaii 
mainshock. For tremor triggered by the Love wave (~260-380 s after the mainshock), the 
bursts are clearly visible on stations HYT, YUK5, and YUK6 (Figure 3.7a). The average 
location for this tremor source appears to be near station YUK7 (Figure 3.5), but only 
short-duration (< 5 s) bursts (further examined in a later section) were visible at that 
station (Figure 3.7). No small magnitude local earthquakes were listed in the ANSS or 
NRCan catalogs during this time. We time-shifted the waveforms to our tremor location 
using the velocity model of Meighan et al. [2013] and phase velocities of the Love and 
Rayleigh waves to visualize how triggering occurs at the tremor source. After time-
shifting the waveforms back to the tremor source, we find that these tremor bursts are 
coincident with Love wave velocity peaks, with the highest triggered tremor amplitude 
occurring around the onset of the large amplitude (velocity) Rayleigh wave (Figure 3.7b). 
Unfortunately, tremor triggered by the subsequent Rayleigh wave was only visible on the 











Figure 3.7 - Example of tremor and short-duration seismic events triggered by the Haida 
Gwaii earthquake. (a) 20 Hz high-pass filtered vertical (HHZ) waveforms at multiple 
stations. Circles: tremor phase picks used for location. Epicentral distance from the 
station to the tremor source is indicated. Gray boxes: examples shown in Figure 3.11. (b) 
Transverse (HHT) and vertical (HHZ) component velocity (V) and displacement (D) 
waveforms recorded at the HYT station with 20 Hz high-passed filtered waveform and 
envelope function. Waveforms are time-shifted to the average tremor source location. 
Dashed lines: peaks of the tremor bursts (based on the envelope function) and show their 
correlation with the surface waves. Black vertical bar: scale for broadband velocity 
waveforms. Gray vertical bar: scale for broadband displacement waveforms. 
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Figure 3.8 shows tremor triggered by the 5 January 2013 Mw7.5 Craig earthquake 
that occurred ~630 km away. Similar to the previous case (Figure 3.6), we applied a 20 
Hz high-pass filter to broadband waveforms to identify locally triggered activity (Figure 
S3.5). Tremor is observed at station HYT during the Love and Rayleigh waves of the 
Craig mainshock. These tremor signals were also observable on stations YUK5 and 
YUK6, but the tremor signals can be seen most clearly on station HYT (Figure 3.8a). 
Unfortunately, there is no clear correlation of all tremor bursts among the three 
waveforms, and two earthquake-like bursts occurred immediately following the tremors 
(as seen on station YUK6). The first tremor burst, which occurred around 175 s, is 
located to be near the HYT station (Figure 3.5). By time-shifting the waveforms, the first 
2 tremor bursts correlate well with Love wave velocity peaks (transverse component) 
generated by the Craig mainshock (Figure 3.8b). 
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Figure 3.8 - Example of tremor triggered by the Craig, Alaska earthquake. (a) 20 Hz 
high-pass filtered waveforms at multiple stations. (b) Transverse (HHT) and vertical 
(HHZ) component velocity (V) and displacement (D) waveforms recorded at the HYT 
station with 20 Hz high-passed filtered waveform and envelope function. Symbols and 
notation are the same as in Figure 3.7. 
 
We also observed tremor possibly triggered by two more remote earthquakes 
(Table 3.1). The first case is the 11 March 2011 Mw9.0 Tohoku-Oki earthquake recorded 
by the YUK1 and YUK3 stations (Figure 3.9). We filtered these recordings at the 
frequency range of 5-15 Hz, to avoid potential contaminations of the P-waves of early 
aftershocks. Most of the stations appear to be noisy, but tremor triggered by the Rayleigh 
wave of the Tohoku-Oki mainshock can be seen on stations YUK1 and YUK3 near the 
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United States-Canada border. Since these coherent tremor signals were observable on 
only two stations, we were not able to locate their sources. However, the tremor source 
must lie close to the YUK3 station due to its earlier arrivals. The tremor is arguably near 
the fault trace since a similar coherent signal was not observable on station YUK2, which 
is farther from the fault trace. 
 
Figure 3.9 - Example of tremor triggered by the Tohoku-Oki earthquake. (a) Comparison 
between broadband and 5-15 Hz band-pass filtered envelope. Vertical lines: time window 
in (b)-(c). (b) 5-15 Hz band-pass filtered north (HHN) component waveforms recorded at 
all stations, order from most southern station YUK7 to most northern station BVCY. 
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Triggered tremor appears on stations YUK1, YUK2, and YUK3 during the Rayleigh 
waves. (c) Broadband transverse (HHT) and vertical (HHZ) components recorded at 
station HYT. Symbols and notation are the same as in Figure 3.7. 
 
 
The second case is the 11 April 2012 Mw8.6 Indian Ocean earthquake recorded 
by stations YUK5, YUK7, and HYT stations (Figure 3.10). The Indian Ocean mainshock 
has triggered many microearthquakes and tremor around the world [e.g. Wu et al., 2012], 
as well as a transient global increase of Mw ≥ 5.5 earthquakes [Pollitz et al., 2012]. Its 
Love wave also triggered a Mw3.9 earthquake in central Alaska [Tape et al., 2013], 
which was recorded by stations in our study region at ~2700 s after the Indian Ocean 
mainshock. We observed consecutive bursts of tectonic tremor triggered by the long-
period Rayleigh wave between 3500 and 4000 s after the Indian Ocean mainshock in the 
1-10 Hz frequency band (Figure 3.10). The seismic waves of the Mw3.9 Nenana 
earthquake arrived in our study region around the arrival of the Love wave of the Indian 
Ocean mainshock, and thus we were not able to detect tremor triggered during the Love 
wave strictly by visual inspection of the waveforms. We examined the spectrogram of the 
Indian Ocean mainshock but found no evidence of triggered tremor signals during this 
time in a higher frequency band (Figure S3.6). We also compared the predicted Nenana 
earthquake S-wave amplitude attenuation with measurements at seismic stations along the 
ray path but did not find any increase in the amplitude due any additional local seismic 






Figure 3.10 - Example of tremor triggered by the Indian Ocean mainshock. (a) 
Comparison between broadband and 1-10 Hz band-pass filtered envelope. Vertical lines: 
time window in (b)-(c). (b) 1-10 Hz band-pass filtered waveforms from multiple stations. 
(c) Transverse (HHT) and vertical (HHZ) component waveforms recorded at station HYT 
with 20 Hz high-pass filtered waveform and envelope. The filtered waveform is 
intentionally clipped so that weak tremor signals can be shown. (d) Zoom-in to show 
correlation between tremor bursts and surface wave peaks. Symbols and notation are the 
same as in Figure 3.7. 
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We located the tremor sources triggered during the Rayleigh wave to be near the 
YUK6 station, for which no data was available. However, after time-shifting to this 
location, these tremor bursts do not show consistent correlation during coda of the Love 
and Rayleigh waves on either the vertical or the transverse component of the broadband 
data. We did not observe tremor triggered by the Mw8.2 aftershock, which occurred ~2 
hours after the Mw8.6 mainshock, despite having a similar focal mechanism and 
occurring at similar epicentral distance (Figure S3.8). 
3.3.3.2 Other Seismic Phenomena 
In addition to triggered tremor signals, we identified 3 distinct episodes of short-
duration seismic events triggered primarily by Rayleigh waves of the Haida Gwaii 
earthquake. In comparison to the long-duration triggered tremor, these brittle events 
produced short-duration (< 5 s) signals and can be distinguished from tremor when 
converted to audio due to differences in their duration and power in higher frequencies 
(see Movies S3.1-S3.2 linked in Section 3.3.7.4). Peng et al. [2012] presented a similar 
analysis for distinguishing triggered events of the 2011 Tohoku-Oki mainshock by 
converting the seismic signals into audible sounds. One episode of short-duration 
triggered seismic events was recorded at station YUK7 (Figures 3.7 and 3.11a). At this 
station, nine consecutive short-duration events coincide with peaks of Rayleigh wave 
displacement. A few occurred during the Love waves, but they did not show temporal 
correlations with the Love wave velocity peaks. However, this could potentially be a 
result of propagation delays from the triggered source to the YUK7 station. We also note 
that the two larger amplitude short-duration events occurred during the first and largest 
two cycles of the Rayleigh wave.  
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Figure 3.11 - Example of short-duration seismic events triggered by the Haida Gwaii 
earthquake. (a) Seismic activity recorded on station YUK7 on the southern end of the 
EDF. Top three traces show the 20 Hz high-pass filtered velocity seismograms and an 
envelope function (log10). Bottom two traces show the broadband transverse (HHT) and 
vertical (HHZ) displacement waveforms. Dashed lines: event peaks (based on envelope 
function). Amplitude scale indicated. (b) Seismic activity recorded on station YUK4 near 
the middle of the EDF. Traces are plotted in the same way as in (a), except that the 
envelope is in linear scale. Top two traces show poorly recorded horizontal channels. (c) 
Seismic activity recorded on stations YUK2 and YUK3 on the northern end of the EDF. 
(d) Tremor triggered near the southern end of the EDF. (e)-(g) Short-duration events 
triggered near the southern, middle, and northern portions of the EDF. Time windows are 
marked by gray boxes in (a)-(c) of this figure, as well as in Figure 3.7. 
 
Figure 3.11b is the second example of short-duration seismic events triggered by 
the large amplitude Rayleigh wave starting at ~375 s, as observed on the YUK4 station 
located near the middle of the EDF in the Yukon territory. Five larger amplitude short-
duration events occurred during the higher Rayleigh wave amplitudes, and several 
smaller short-duration events occurred just prior to (5 events) and just after the higher 
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Rayleigh wave amplitudes (12 events). Short-duration seismic events occurring after 375 
s appear to be phase-related to the vertical component of the Rayleigh wave 
displacement, though we could only observe this correlation on that component due to 
significant instrumental noise on the horizontal components. Because this station is rather 
distant from the northern and southern cluster of stations (Figure 3.5), it is clear that these 
short-duration seismic events represent a different source from those observed on the 
southern YUK7 station. Similarly, we were not able to locate the short-duration seismic 
sources because these signals were only observable on the YUK4 station.   
A final example of short-duration triggered events is shown in Figure 3.11c.  
Between 400-525 s, we identified short-duration signals visible on stations YUK2 and 
YUK3 located further north near the United States-Canada border. Specifically, we found 
9 consecutive short-duration events (< 5 s) occurring during the Rayleigh waves, which 
are phase-correlated with the Rayleigh wave displacement (see Movie S3.2 linked in 
Section 3.3.7.4). These short-duration brittle events were recorded at station YUK3 ~3 
seconds earlier than at station YUK2, indicating that their source is likely closer to station 
YUK3. Availability of only two stations limits our ability to ascertain an accurate 
location. However, the combination of Rayleigh wave polarization analysis and simple 
geometry (Section 3.3.7.1) suggests that the source may be south-southwest of station 
YUK3, near the Klutlan Glacier terminus (Figures S3.9-S3.10). These short-duration 
brittle events have similar characteristics to glacial tectonic sources (i.e., icequakes) 
detected in Antarctica that were also triggered primarily during Rayleigh waves of the 27 
February 2010 Mw8.8 Chile earthquake [Peng et al., 2014]. Furthermore, recent evidence 
suggests that Alaska network seismic analysts routinely identify glacial events in this 
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region, which are characterized by regionally observed signals deficient in high-
frequency energy (higher than 3-5 Hz) [West, 2014]. However, in this region, there also 
exists significant ambient tectonic seismicity at the Canadian eastern extension of the 
Totschunda-Duke River Fault (Figures 3.5 and S3.10).  We found no local earthquakes 
listed in the ANSS or NRCan earthquake catalogs that coincided with the occurrence 
times of any of these triggered short-duration seismic event episodes, and the region was 
relatively quiescent prior to the arrival of the surface waves (Figure S3.11). Despite the 
limited quality of data and paucity of stations, our Rayleigh wave polarization analysis 
and local seismic activity suggests the signals represent either small, shallow tectonic 
earthquakes or icequakes in the near surface. 
3.3.4 Characteristics of Triggering Waves 
Similar to previous studies [Aiken et al., 2013a], we analyzed the peak ground 
velocities (PGVs), seismic wave incidence angles, and amplitude spectra of all 
earthquakes examined in this study to determine factors that promote triggering. When 




.                                                        (3.1)  
where σ is estimated dynamic stress, µ is an assumed crustal shear rigidity of 30 GPa, 
PGV is peak ground velocity (PGV) measured from each earthquake’s waveform, and vph 
is an assumed Love wave phase velocity of 4.1 km s-1. Figure 3.12a shows dynamic stress 
σ computed from the measured PGVs of the instrument-corrected transverse component 
at station HYT as a function of back-azimuth for each event (i.e., wave incidence angle 
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on the EDF). To avoid contamination of the PGV measurement by local seismic activity, 
we applied a 1-s low-pass filter to the waveforms prior to measuring the PGV. We also 
examined the surface wave amplitude spectra for each earthquake in our study (Figure 
3.12b). We cut the seismic data between the 5 km s-1 and 2 km s-1 arrivals to capture the 
surface wave energy and then computed the Fast Fourier Transform (FFT). Finally, these 
data were smoothed with a 5-point sliding window [Peng et al., 2009]. 
 
Figure 3.12 - Triggering potential (dynamic stress, wave incidence angle, and frequency 
dependence) of distant earthquakes. (a) Transverse dynamic stress versus back-azimuth 
for all earthquakes examined in this study. Squares: triggering and possibly triggering 
earthquakes. Circles: non-triggering earthquakes. Arrows indicate normal and parallel 
wave incidence on the fault. (b) Transverse velocity amplitude spectra for all earthquakes 
examined. Thin lines: non-triggering earthquakes. Thick numbered lines: triggering 
earthquakes. Number indicates event name and corresponds to the tremor locations in 
Figure 3.5 and squares in part (a) of this figure.  
 
 
 From our analysis of PGVs, wave incidence angle, and amplitude spectra, we find 
that large-amplitude (> 10 kPa), long-period (> 20 s) surface waves are responsible for 
triggering tremor and brittle seismic events along the EDF. We note that the 2012 Haida 
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Gwaii and 2013 Craig earthquakes triggered clear tremor with both the Love and 
Rayleigh waves, while we possibly observed tremors triggered by the Rayleigh wave for 
the more distant 2011 Tohoku-Oki and 2012 Indian Ocean earthquakes. In addition, it is 
notable that 2012 Haida Gwaii and 2013 Craig earthquakes exhibit similar amplitude 
spectra and dynamic stress, but only the 2012 Haida Gwaii earthquake triggered short-
duration seismic events. 
3.3.5 Discussion and Conclusions 
In Aiken et al. [2015b], we provided clear evidence of surface waves triggering 
tremor along the EDF. Tremor sources with durations (> 10 s) appear to be localized in 
the southern cluster of CNSN stations on either side of the fault near the epicenters of 
moderate-sized earthquakes (Figure 3.5) and possibly near the northern cluster of stations 
(Figure 3.9). In comparison, short-duration (< 5 s) seismic events – signals with sharp 
peaks - triggered only by the Haida Gwaii mainshock were recorded by several stations in 
the northern (stations YUK2 and YUK3), middle (station YUK4), and southern (station 
YUK7) portions of the EDF in the Yukon territory (Figures 3.5 and 3.11). Because fewer 
than three stations recorded these signals, we were unable to locate these sources. 
However, short-duration seismic events recorded by stations YUK2 and YUK3 appear to 
radiate from the vicinity of on-going seismicity occurs along the eastern extension of the 
Totschunda Fault, as well as near the Klutlan Glacier terminus (Figure S3.10).   
Triggered tremor has been observed along several strike-slip faults in the Western 
Hemisphere (Figure 3.13). It is evident that tremor triggered along the EDF has 
characteristics similar to that of tremor triggered in other regions [Peng and Gomberg, 
2010; Guilhem et al., 2010]. That is, they contain relatively long-duration (> 10 s) signals 
 97 
with no clear P/S wave arrivals and are coincident with Love and Rayleigh wave peaks. 
We observed tremor triggered primarily by the Love wave of the Haida Gwaii (Figures 
3.6 and 3.7) and Craig earthquakes (Figure 3.8) with both events generating surface 
waves with near strike-parallel incidence. This is consistent with the Coulomb triggering 
model - maximum left-lateral shear stress induced by a Love wave with strike-parallel 
incidence on a vertical strike-slip fault [Hill, 2012]. In contrast, it appears that tremor was 
triggered by only the Rayleigh wave for the Tohoku-Oki (Figure 3.9) and Indian Ocean 
(Figure 3.10) mainshocks, even though Love wave triggering is also predicted by the 
Coulomb triggering model because the waves from both earthquakes have near strike-
parallel incidence on the EDF [Hill, 2012]. Specifically for the Indian Ocean mainshock, 
we could not confirm Love wave triggering visually due to overlapping seismic waves 
from the triggered Mw3.9 Nenana earthquake in central Alaska [Tape et al., 2013]. Nor 
could we identify evidence for triggered tremor in a higher frequency band (Figure S3.6) 
or from comparisons of the predicted Nenana earthquake S-wave amplitude attenuation 











Figure 3.13 - Comparison of triggered tremor observations along 4 strike-slip faults. 
Each small panel shows surface waves of an earthquake (broadband) and of triggered 
tremor (filtered) with station and component marked. Triangles: station where earthquake 
and tremor was recorded. Gray lines: plate boundaries. (a) 2012 Haida Gwaii, Canada. 
(b) 2011 Tohoku-Oki, Japan. (c) 2012 Haida Gwaii, Canada. (d) 2010 Maule, Chile. 
 
One may argue that the plate structure in this region is complex and that the 
triggered tremor could be radiating from the subduction interface rather than the Denali 
Fault (Figure 3.5). Recent studies have detected ambient and triggered tremor in south-
central mainland Alaska [Peterson and Christenson, 2009; Gomberg and Prejean, 2013]. 
The tremor discovered in those studies lie where the Yakutat terrane is transitioning from 
flat-slab subduction in the west to a zone of collision in the east, resulting in a fold-thrust 
belt [Worthington et al., 2012]. This region is more than 300 km away from where we 
observed triggered tremor in the southern portion of the EDF in the Yukon territory, and 
thus the low-amplitude tremor signals we observed cannot be radiating from this part of 
the complex subduction zone. This does not rule out the possibility that the observed 
tremor signals may be nucleating from the fold-thrust belt responsible for the St. Elias 
orogeny. In this region, the strike of the thrust faults mostly trend east-west, as the strike-
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slip Fairweather Fault system transitions to subduction to the west. In this case, triggering 
waves would have a near strike-normal incidence on the thrust faults. Hill [2012] 
demonstrated that tremor triggered on low-angle thrust faults best correlates with strike-
normal incident Rayleigh wave displacements. However, we found that the triggered 
tremor best correlates with the Love wave particle velocity, rather than Rayleigh wave 
displacements from the Haida Gwaii and Craig earthquakes (e.g., Figures 3.7 and 3.8), 
which previous studies have also observed on a vertical strike-slip fault [Peng et al., 
2008; Hill, 2012]. Moreover, the distance to the fold-thrust belt is still >100 km, which is 
likely too far to generate low-amplitude tremor observed in this study. Given these 
observations, we surmise that Love wave displacement gradients with strike-parallel 
incidence induce shear stress changes on the EDF, resulting in small, shear-failure events 
we recognize here as tremor. 
The four triggering earthquakes (two clear, two possible) produced the greatest 
dynamic stresses at longer periods (> 20 s) than non-triggering events (Figure 3.12b). 
While the time period of our study is limited to a few years, it appears that ~10 kPa of 
dynamic stress is needed to trigger tremor in this region. This triggering threshold is 
greater than that observed in Parkfield, CA (e.g., 1-3 kPa) [Peng et al., 2009; Guilhem et 
al., 2010] but similar to that observed along the Queen Charlotte margin near Haida 
Gwaii [Aiken et al., 2013a]. Because these regions are similar tectonically, the triggering 
threshold may reflect the current strength of a fault, which likely varies over time. 
However, because station density is sparse in Haida Gwaii and surrounding the EDF and 
because the data at EDF are only available since 2010, it is possible that such a disparity 
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in observed triggering thresholds between transform/strike-slip regions simply reflects 
differences in data quality and/or data availability.   
Finally, we computed the static stress changes on the EDF based on the finite 
fault source slip distribution from Lay et al. [2013] for the 2012 Haida Gwaii and 2013 
Craig earthquakes considering their proximity to the region. The resulting static stress 
changes are less than 0.03 kPa (Figures S3.12-S3.13) - two orders less than the 
corresponding dynamic stress changes (10-100 kPa). This indicates that the dynamic 
stresses from the surface waves of the Haida Gwaii and Craig earthquakes are more likely 
to trigger the tremor and short-duration seismic events, rather than the much smaller 
static stress changes.  
In comparison to the Love and Rayleigh wave triggering of tremor, the short-
duration seismic events were primarily triggered by the Rayleigh wave of the Haida 
Gwaii earthquake (Figure 3.11). These short-duration seismic events occurred during the 
upward motion of the Rayleigh wave displacement when the dilatation is positive 
[Miyazawa and Brodsky, 2008; Rubinstein et al., 2009]. One could argue that the 
triggered, short-duration signals reflect single, LFE events known to partially comprise 
tremor [e.g., Shelly et al., 2007]. While both the triggered tremor and short-duration 
signals are brittle, shear-failure events, their particle motions differ. For example, the 
deep tremor signal is dominated by the S-waves of many LFE events. However, the short-
duration signals we observed here behave more like Rayleigh waves (Figure S3.9). Also, 
while the tremor bursts and short-duration signals have similar frequency contents (up to 
30-40 Hz), triggered tremor has weaker power in the higher frequencies over a longer 
duration (Movies S3.1-S3.2). Although we were unable to accurately locate these short-
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duration sources, their waveform characteristics and similarity to Rayleigh waves allow 
us to identify the source as south-southwest of station YUK3 (Figure S3.10c), near the 
Klutlan Glacier terminus where there is also a historical record of shallow (< 10 km 
depth) seismicity and regional events flagged as “glacial events” by Alaska Earthquake 
Center analysts [West, 2014]. Due to the poor data quality, it is difficult to distinguish 
whether the sources are icequakes similar to those observed in Antarctica triggered by the 
Mw8.8 Chile earthquake [Peng et al., 2014] or shallow earthquakes like those triggered 
near active volcanoes or geothermal regions [Prejean et al., 2004; West et al., 2005]. 
Deducing which type of events actually occurred – icequakes or shallow earthquakes - 
would require more stations in the region, which are not available at this stage. 
Previous observations of triggered and ambient tremor in this region were 
primarily associated with the Alaska-Aleutian subduction zone [Peterson and 
Christensen, 2009; Chao et al., 2013; Brown et al., 2013]. Gomberg et al. [2012] also 
conducted a systematic search but did not find any precursory tremor signals before the 3 
November 2002 Mw7.9 Denali Fault earthquake and in several time intervals after the 
mainshock. Permanent stations near the central Denali Fault are predominately located 
near the initial rupture point of the Denali Fault earthquake (e.g., Figure 1 of Gomberg et 
al. [2012]). We searched for tremor on stations surrounding the central Denali Fault, and 
the triggered tremor generally arrives at station KLU prior to PAX (Figure S3.14), 
suggesting that they mostly occur further south in the south-central Alaska sweet spot 
[Chao et al., 2013; Gomberg and Prejean, 2013]. No tremor signal was observed on 
station DDM (seismic data archived for only 1 year, from 2009-2010), located north of 
the central Denali Fault. While we did not find any tremor signals radiating from the 
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central Denali Fault in this short time frame, tremor may still occur there. However, it is 
also possible that the tremor-generating conditions are different in our study region 
surrounding the EDF than the central Denali Fault where the Mw7.9 earthquake occurred. 
Nevertheless, our observation of triggered tremor along the EDF provides additional 
evidence of tremor occurring in strike-slip environments. It is important to continue 
investigating tremor activity along this intraplate fault in the hope that we can better 
understand the physical mechanisms responsible for not only tremor generation but also 
its role in the seismic cycle of large earthquakes along the EDF. 
3.3.6 Data and Resources 
The Advanced National Seismic System earthquake catalog is made available by 
the Northern California Earthquake Data Center via www.ncedc.org (last accessed June 
2013). The Natural Resources of Canada earthquake catalog is available via 
http://www.earthquakescanada.nrcan.gc.ca/stndon/NEDB-BNDS/bull-eng.php (last 
accessed July 2013). Seismic waveforms and response files recorded by the CNSN are 
accessible by the IRIS Data Management Center via www.iris.edu (last accessed June 
2013) and by the Natural Resources of Canada AutoDRM via 
http://www.earthquakescanada.nrcan.gc.ca/stndon/AutoDRM/autodrm_req-eng.php (last 
accessed January 2014). Focal mechanism data in Figure 3.5 and Table S3.3 was 
provided by Honn Kao at the Natural Resources Canada. Figures were made using 
Generic Mapping Tools version 4.5.1 (www.soest.hawaii.edu/gmt, Wessel and Smith, 
1998) and proprietary MATLAB software version 7.11.0.584 (R2010b). 
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3.3.7 Supplemental Information 
This section describes the Rayleigh wave polarization detection used for locating 
the triggered short-duration events triggered by the Haida Gwaii earthquake. It contains 
ten figures, three tables and two movies (referenced here and/or in previous sections). 
3.3.7.1 Supplemental Text 
We use a Rayleigh-wave polarization analysis [e.g., Stachnik et al., 2012] to 
determine the nature of the triggered waves. It utilizes the property that Rayleigh waves 
exhibit retrograde elliptical particle motion [e.g., Lay and Wallace, 1995], when the 
horizontal components are aligned parallel the seismic source.  In our case of an 
unknown receiver-to-source direction, Hilbert-transformed vertical component 
seismograms are correlated with rotated horizontal seismograms to directions parallel 
(radial) and perpendicular (transverse) to a hypothetical seismic source. This horizontal 
rotation is based on a right-handed coordinate system, with vertical up, radial pointing to 
the source, and the right face of the transverse component along the positive radial 
component. Here, we test all possible source/receiver azimuths (j=1:360). The 
normalized correlation coefficient reaches its maximum for that azimuth that is plausibly 
the actual receiver-to-source azimuth [Stachnik et al., 2012]. Ideally, the coefficient is 
nearly 1 for surface waves and the method provides a means of evaluating whether 
ambiguous seismic signals are indeed surface waves and quantifies their approximate 
azimuth relative to the station. 
We examine the continuous time series around the triggered events at station 
YUK3.  We apply a 5 Hz high-pass filter to each station’s seismograms and perform the 
analysis described above in windows of 2 s length that progresses through the data with a 
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1 s time-step (effectively a 50% overlap). At each time-step, we record the maximum 
correlation coefficient and the corresponding back-azimuth. When the correlation 
coefficient crosses a threshold of 0.45, we mark a red dot on the bottom panel (Figure 
S3.9). The moving-window polarization analysis for YUK3 indicates a southerly source 
during the discrete signals with 180-200° directional azimuth (from north). The collapse 
of azimuths near a single value also suggests a repeating or close by source for the 
triggered events. The same analysis on the YUK2 seismograms was inconclusive, 
perhaps due to complex site effects at the installation site. 
Since the repeating events arrive at YUK3 first, we can make a crude estimation 
of the source location(s) relative to the two stations using simple geometry and the 
observed 180-200° directional azimuth from the Rayleigh wave polarization analysis 
(Figure S3.10c). Based on the repeating event arrival times, the distance between station 
YUK2 and the source must be longer than the distance between station YUK3 and the 
same source by a distance Δx, such that 
(x1 − x)
2 + (y1 − y)
2 − (x2 − x)
2 + (y2 − y)
2 = Δx                     (S3.1)  
where x, x1, and x2 are the longitudinal coordinates and y, y1, and y2 are the latitudinal 
coordinates of the source, station YUK2, and station YUK3, respectively. The distance 
Δx can be approximated using the time delay of ~3.5 seconds (Δt) between the stations 
(moveout) and an assumed Rayleigh wave nominal group velocity (v) of 3.1 km/s, since 
the polarization analysis suggests the observed short-duration signals are mostly Rayleigh 
waves. This gives Δx = v Δt = 11 km. We then performed a grid search for all possible 
(x,y) pairs that result in Δx = 11 km and use our range of back-azimuths (180-200°) from 
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Rayleigh wave polarization analysis to find all possible short-duration event locations 
(Figure S3.10a). 
Given the paucity of stations in the area, it is impossible to ascertain an accurate 
location for the triggered short-duration events. However, our analysis suggests that the 
source is south-southwest of station YUK3. The Klutlan Glacier terminus is near this 
point. The waveforms have similar characteristics to glacial tectonic sources (i.e., 
icequakes) detected in Antarctica that were also triggered during Rayleigh waves of 
distant earthquakes [Peng et al., 2014]. Furthermore, icequakes are routinely recorded in 
this area, though these have not been studied in detail [West, 2014]. In addition to a 
possible glacial source, significant ambient tectonic seismicity follows the trace of the 
Toschunda-Duke River Fault. Thus, the data may indicate two possible sources, small 
shallow, tectonic earthquakes and/or icequake events. Deducing which type of events 









3.3.7.2 Supplemental Figures 
Figure S3.5 - Spectrogram of tremor triggered by the Craig earthquake as recorded by 
station HYT. (a) Comparison between broadband and high-pass filtered > 20 Hz vertical 
component 5 hours before and after the mainshock origin time.  Red lines: times around 
the teleseismic waves of the mainshock. (b) Instrument-corrected broadband transverse 
and vertical components. (c) High-pass filtered > 20 Hz vertical component. (d) 
Spectrogram. Dashed line: 20 Hz corner frequency used in the high-pass filter to remove 
the P and coda waves from the distant mainshock. 
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Figure S3.6 – Evidence that no dominant tremor signals triggered by the 2012 Indian 
Ocean earthquake can be seen at higher frequency bands. Spectrogram of transverse 
component at station HYT with broadband velocity transverse component plotted on top 
for reference. Love wave of Indian Ocean mainshock as well as P and S wave of the 
Mw3.9 Nenana earthquake are marked. 
Figure S3.7 - S-wave attenuation of the Mw3.9 Nenana earthquake. S-wave amplitudes 
measured from high-pass filtered 5 Hz north and east component at multiple stations 
along the event’s ray path to the study region. Network and station names marked by 
distance with solid black lines. Blue lines = empirical attenuation relationships 
accounting for event magnitude and distance, with the dashed lines marking 95% 
confidence. The empirical attenuation relationship and constants follow those of van der 
Elst and Brodsky [2010]. 
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Figure S3.8 - Evidence that the Mw8.2 Indian Ocean aftershock did not trigger tremor on 
the EDF. Symbols and notation are the same as in Figure 3.7. 
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Figure S3.9 -	  Rayleigh wave polarization analysis for station YUK3. (a) High-passed (5 
Hz) vertical component (blue), east component (green), and north component (red) 
seismograms. (b) Maximum correlation coefficient at the corresponding azimuth in (c). 
(c) Red filled circles indicate sample points when the correlation coefficient is greater 
than 0.45. Higher correlation coefficients occur during the triggered bursts and indicate a 
consistent source azimuth. 
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Figure S3.10 - Map of stations and seismicity with a schematic of source determination. 
(a) Satellite map, including YUK2 and YUK3 stations and ANSS seismicity (> mL 1.0 
during 2010-2013). Yellow area marks possible locations of short-duration events.  (b) 
Longitude versus depth plot, indicating relatively shallow depths for seismicity.  The 
linear trend of seismicity indicates the approximate trace of the Duke River Fault. (c) 
Steps in determining approximate location of the source. 
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Figure S3.11 - Lack of seismic activity prior to the arrival of surface waves from the 
Haida Gwaii earthquake. Each trace is an average 3 component, high-pass 20 Hz filtered 
envelope (log10 scale), with the exception of station YUK4. As stated previously, station 
YUK4 has significant instrumental noise on the horizontal components. The dashed line 
marks the origin time of the Haida Gwaii mainshock. 
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Figure S3.12 - Static stress changes caused by the Haida Gwaii earthquake. Faults and 
plate boundaries are black lines. Station symbols are the same as Figure 3.5, with the 
main reference station HYT marked. We utilized source information for the mainshock 
from Lay et al. [2013]. Receiver information is based on a local earthquake from Kao et 
al. [2012] (focal mechanism marked). We show the static stress changes at 25 km depth; 
this depth is the assumed tremor nucleation depth.  There is -0.03 kPa static stress. 
 
 113 
Figure S3.13 - Static stress changes caused by the Craig earthquake. Symbols and 
notation are the same as in Figure S3.12. We utilized source information for the 
mainshock from Lay et al. [2013].   
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Figure S3.14 - Evidence that the 27 February 2010 Mw8.8 Maule, Chile earthquake did 
not trigger near the aftershock zone of the 2002 Denali Fault earthquake. Symbols and 
notations are the same as in Figure 3.7. 
 
3.3.7.3 Supplemental Tables 
Supplemental tables of Aiken et al. [2015b] have been made available via 
http://geophysics.eas.gatech.edu/people/cautry6/temp/supplementals/dissertationCh3/ 
(last accessed 17 March 2015). Below is a brief description for each table. 
Table S3.3 - Moderate-size events occurring on or near the EDF since 1995. 
Table S3.4 - Event information of examined earthquakes.   
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Table S3.5 - Velocity model for Northern Canadian Cordillera. 
 
3.3.7.4 Supplemental Movies 
Supplemental movies of Aiken et al. [2015b] have been made available via 
http://geophysics.eas.gatech.edu/people/cautry6/temp/supplementals/dissertationCh3/ 
(last accessed 17 March 2015).  Below is the caption associated with each movie. 
Movie S3.1 - Tremor around the eastern Denali Fault, Yukon, Canada, recorded 
at station CN.HYT triggered by the 28 October 2012 Mw7.8 Haida 
Gwaii earthquake. (Top) Broadband transverse-component 
seismogram recorded at the station HYT. (Middle) 20 Hz high-
pass-filtered transverse-component seismogram showing the P 
wave of the distant mainshock and triggered tremor signals. 
(Bottom) Spectrogram of the transverse-component seismogram. A 
0.5-Hz high-pass filter is applied to remove long-period signals 
before computing the spectrogram [Peng et al., 2011]. The sound is 
generated by speeding up the seismic data by 100 times [Kilb et al., 
2012]. 
Movie S3.2 - High-frequency bursts in Yukon Canada recorded at station 
CN.YUK2 triggered by the 28 October 2012 Mw7.8 Haida Gwaii 
earthquake. Other symbols are the same as in Movie S3.1. 
 
3.4 Triggering Along the Enriquillo-Plantain Garden Fault, Haiti [Aiken et al. 
2015a] 
This work presented in this section is in preparation for publication. In Aiken et al. 
[2015a], we examine the possibility of the 27 February 2010 Mw8.8 Maule, Chile 
earthquake triggering seismic activity along the Enriquillo-Plantain Garden Fault (EPGF) 
in the southern peninsula of Haiti, near the aftershock zone of the 12 January 2010 
Mw7.0 Haiti earthquake. The Maule, Chile earthquake is the 6th largest earthquake that 
has occurred since 1900, and surface waves from this mainshock have triggered 
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microearthquakes and tectonic tremor in many regions of the Western Hemisphere [e.g., 
Peng et al., 2010, 2011; Zigone et al., 2012; Gomberg and Prejean, 2013; Aiken et al., 
2013b; Aiken and Peng, 2014]. Because of its widespread triggering, it is possible that it 
has triggered seismic activity along the EPGF, a transpressive left lateral fault. Here, we 
search for triggered tremor and earthquakes using seismic data recorded by 25 land and 
ocean-bottom seismometer (OBS) stations, a temporary network deployed to record 
aftershocks following the devastating Mw7.0 Haiti earthquake [de Lepinay et al., 2011].  
We investigate dynamic triggering of tremor and earthquakes for two reasons. 
Since large earthquakes are capable of occurring on this fault, it would be interesting if a 
relationship between ambient tremor activity and large earthquakes exists. However, to 
investigate this relationship tremor activity must first be identified. Therefore, we 
primarily search for dynamically triggered activity because we know when the triggering 
might occur - during or immediately following the large amplitude surface waves of the 
2010 Chile mainshock [e.g., Brodsky, 2006; Peng et al., 2008; Peng et al., 2011]. After 
identifying triggered seismic activity, we locate the triggered sources and test the 
Coulomb-failure criterion for the surface waves of the Chile earthquake inducing failure 
on the EPGF. 
3.4.1 Tectonic Setting 
The EPGF of the southern Haiti peninsula acts as a left lateral transform boundary 
between the Caribbean plate and Gonâve microplate, which move at a rate of ~7 mm yr-1 
relative to one another (Figure 3.14) [Manaker et al., 2008]. In addition, the EPGF has a 
minor thrust component [Calais et al., 2010], resulting in a transpressive environment, 
similar to the Alpine Fault in New Zealand and the Queen Charlotte Fault near Haida 
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Gwaii, Canada where tectonic tremor has recently been discovered [Wech et al., 2012; 
Aiken et al., 2013a]. The region surrounding the EPGF has experienced a series of M6 
and M7 (M, magnitude) earthquakes since the start of the 18th century until the 12 
January 2010 Mw7.0 Haiti mainshock, which ended a 240-year quiescence of moderate-
sized earthquakes [Bakun et al., 2012]. The Haiti mainshock was originally thought to 
have occurred on the EPGF [Hayes et al., 2010]. However, a subsequent analysis found 
that the mainshock initiated on a secondary thrust fault north of the EPGF, the Léogâne 
fault, and later the rupture continued onto the EPGF [Calais et al., 2010]. Aftershocks of 
the Mw7.0 Haiti earthquake predominately occurred on secondary overlapping reverse 
faults, located north of the EPGF (Figure 3.14) [Douilly et al., 2013]. 
Figure 3.14 - Map of the southern Haiti peninsula.  Black lines = fault traces. Enriquillo-
Plantain Garden Fault marks the boundary between the Caribbean Plate and Gonâve 
microplate. Triangles = seismic stations. Gray stars = Haiti mainshock and its 
aftershocks. Focal mechanism of the 12 January 2010 Mw7.0 Haiti earthquake is 
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indicated. Squares = major cities. Circles = tremor bursts triggered by the Mw8.8 Maule, 
Chile earthquake (white star in inset). Red star = average location of the 10 tremor bursts. 
 
3.4.2 Analysis and Procedure 
Several research institutions deployed seismometers to record aftershocks of the 
Haiti earthquake, and we utilized recordings on 27 February 2010 from some of these 
stations for our investigation (Figure 3.14). Research groups from Géoazur and the 
Institut Français de Recherche pour l’Exploitation de la Mer (IFREMER) installed short 
period and broadband ocean bottom seismometers (OBS), which have four components 
including a hydrophone. The Institut de Physique du Globe de Paris (IPGP) also deployed 
four 3-component broadband seismometers near the EPGF trace, and the Natural 
Resources Canada (NRCan) agency installed 2 broadband seismometers near Jacmel 
(station JAKH) and Port-au-Prince (station PAPH). Station JAKH and PAPH are part of 
the Canadian National Seismograph Network (CNSN). A summary of the station 
information can be found in Table 1 of Douilly et al. [2013]. 
Seismic data from the permanent JAKH and PAPH stations were processed 
similar to Aiken et al. [2013a] (Section 3.2.2) and any differences are briefly described 
here. Instrument responses for the temporary short-period and OBS stations from 
IFREMER and IPGP were not removed since amplitude is not an important factor in this 
study, i.e. we are mostly interested in the timing of events surrounding the arrival of the 
surface waves. Prior to our analysis, we applied station corrections to the OBS data to 
adjust for travel times through the thick ocean sediments and other near surface effects, 
similar to Douilly et al. [2013]. After correcting the travel times, we filtered the seismic 
data using a 2-16 Hz band-pass filter to detect local seismic activity. Applying a 2-16 Hz 
band-pass filter avoids contamination by the P-wave of the Chile mainshock as well as 
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early aftershocks radiating from the Chile mainshock region. The 2-16 Hz frequency 
band is also the dominant frequency band for deep tremor and local earthquakes [e.g., 
Aiken et al., 2015b; Aiken and Peng, 2014]. 
3.4.3 Triggering Observations 
3.4.3.1 Tectonic Tremor 
Using the 2-16 Hz band-pass filter, we observed tremor triggered by the large 
amplitude surface waves of the Chile mainshock. Figure 3.15 shows an example of the 
triggered tremor recorded by the JAKH and PAPH stations. Amidst the continuing 
aftershock activity of the Haiti mainshock, strong triggered tremor signals can be 
identified beginning around the arrival time of the surface waves of the Chile mainshock, 
i.e., ~1400 s after the mainshock origin time. From this initial visual inspection of the 
broadband spectra, 3 distinct tremor-like signals containing frequencies of ~1-10 Hz can 
be clearly seen. These tremor signals can be easily distinguished from the on-going 
aftershock activity, since the tremor bursts have long-duration, emergent signals without 
the distinct P- or S-waves reminiscent of regular earthquakes. Furthermore, when the 
seismic data is sonified the tremor bursts sound like a starting steam engine and can be 
audibly distinguished from teleseismic P-waves of the Chile mainshock that sound like 
distant thunder and local aftershocks that sound like firecrackers [Peng et al., 2012] 
(Movie S3.3).   
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Figure 3.15 - Example of tremor triggered by the Maule, Chile earthquake. (a) High-
passed filtered 5 Hz envelope and broadband transverse velocity component from station 
JAKH ±5 hours around the Chile mainshock. Dashed lines = time window plotted in (b) 
thru (d). (b) Broadband transverse and vertical velocity components from station JAKH. 
(c) High-passed filtered 5 Hz transverse velocity waveforms from stations JAKH and 
PAPH. Red dashed line = ML3.0 earthquake recorded in the ANSS catalog. (d) 
Spectrogram of station JAKH transverse velocity component. Part (e) and (f) of this 
figure are outlined by dashed lines, highlighting spectral differences between an 
aftershock and triggered tremor, respectively. (e) Aftershock with distinct P- and S-
waves, as recorded on the transverse and vertical velocity components of stations JAKH 
and PAPH. (f) Triggered tremor recorded as an emergent signal on the transverse and 
vertical velocity components of stations JAKH and PAPH. 
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While these tremor signals can be distinguished on a smaller time scale, over a 
longer time scale (e.g., ± 5 hours around the Chile mainshock) these tremor signals are 
dominated by the higher amplitude Haiti aftershocks (Figure 3.15a). Of the 25 stations 
we examined, we were able to observe these 3 stronger tremor-like signals on all stations 
(with the exception of station HA15) after applying a 2-16 Hz band-pass filter (Figure 
3.16). In addition to the stronger tremor bursts, we observed a couple of weak tremor-like 
signals between the strong tremor signals and several more weak tremor-like signals after 
~1650 s. These weaker signals were not as visible in the broadband spectra (Figure 3.15) 
and also are not as coherent among all the stations (Figure 3.16). In total, we identified 10 
tremor bursts occurring during the surface waves of the Chile mainshock. After randomly 
sampling the background activity in a 5 hour window prior to the Chile mainshock and 
using a point summation technique [e.g., Jiang et al., 2010; Wu et al., 2012], we detected 
a significant increase in the tremor activity, such that β ≥ 2 when using a threshold of 2 
times the median absolution deviation (MAD) (Figure S3.15). In general, a β-statistic ≥ 2 
indicates a significant increase in seismic activity as compared to background seismic 
activity at ~95% confidence level [e.g., Hill and Prejean, 2007].   
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Figure 3.16 - Evidence of triggered tremor recorded on 25 seismic stations and its 
correlation with surface waves of the Chile mainshock. (a) Band-passed filtered 2-16 Hz 
vertical velocity waveforms from the 25 stations used in this study. Where the vertical 
component is not available or has poor quality, we substitute the hydrophone component 
(EDH). (b) Transverse and vertical velocity (V) and displacement (D) waveforms 
recorded at station JAKH with band-pass filtered 2-16 Hz waveform and envelope 
recorded by station HA19. Waveforms are time-shifted to the average tremor source 
location (red star in Figure 3.14). Dashed lines = peaks of the tremor bursts (based on the 
envelope); Dashed lines show correlation with the surface waves of the Chile mainshock.  
Circles = tremor burst number and correspond to locations to Figure 3.14.  Black vertical 




For triggered tremor signals we observed among several stations, we located their 
sources using an envelope cross-correlation technique, similar to Chao et al. [2013].  
Most of the tremor sources are located south of the EPGF surface trace (Figure 3.14), but 
the depths are not well constrained with this method due to the lack of a P-wave arrival 
(e.g., Figure S3.16). Therefore, we set the depth of the average tremor source location to 
be 25 km, as this is approximately the depth of tremor sources identified along similar 
transform boundaries, like the Parkfield-Cholame segment of the SAF in California 
[Shelly et al., 2009] and Alpine Fault in New Zealand [Wech et al., 2012]. Using the 
depth of 25 km, we shifted the waveforms to this average location to examine the 
correlation between the tremor and the arrival of the surface waves from the Chile 
mainshock at the place from which the tremor emerges [e.g., Rubinstein et al., 2007; 
Peng et al., 2009]. As shown in Figure 3.16b, the tremor bursts correlate well with the 
positive peaks of the Love wave velocity, i.e. the transverse component. 
3.4.3.2 Aftershocks of the 2010 Mw7.0 Haiti Earthquake 
To investigate earthquake activity around the Chile mainshock, we used two 
catalogs – our own hand-picked earthquake catalog (from the day of seismic data, i.e. 27 
February 2010) and the Haiti aftershock catalog of Douilly et al. [2013] for earthquakes 
occurring from February to June 2010. We hand-picked earthquakes occurring on 27 
February 2010 because many aftershocks were visible when inspecting the waveforms 
but were not always listed in the Haiti aftershock catalog [Douilly et al., 2013]. Thus, 
hand-picking earthquakes identified more events around the time of the Chile mainshock, 
allowing us to verify whether or not there was a significant change in Haiti aftershock 
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activity in the few hours surrounding the arrival of seismic waves from of the Chile 
mainshock. 
We used envelope functions of the band-pass filtered waveforms to construct our 
hand-picked earthquake catalog [e.g., Peng et al., 2007]. In particular, we identified 
earthquakes with distinct P- and S-waves visible on stations GRG, MRG, and HA17, as 
well as stations JAKH and PAPH. We then measured the S-wave amplitude peaks of 
these earthquakes. We chose stations GRG, MRG, and HA17 because these stations have 
lower noise levels than other stations and because these stations surround the aftershock 
region. We utilized S-wave amplitude measurements at stations JAKH and PAPH to 
estimate each hand-picked earthquake’s magnitude, as we removed the instrument 
response from the waveforms recorded by these stations. To estimate the magnitude of 
each hand-picked earthquake, we assumed a tenfold increase in displacement amplitude 
(A, measured in µm) corresponds to an increase in one unit magnitude (M) [Peng et al., 
2007], such that  
M = a log10 (A)+ b                                               (3.2)  
where a = 0.8964 and b = 3.1964. Constants a and b were determined from a least square 
fit using S-wave amplitudes from stations JAKH and PAPH for 8 earthquakes listed in 
the CNSN catalog occurring on 27 February 2010 (Figure S3.17, Table S3.6). Next, we 
used the S-wave displacement amplitudes of all hand-picked earthquakes, the a and b 
values, and equation 3.2 to estimate the magnitude of events not listed in the CNSN 
catalog. We note that this simple estimation of earthquake magnitude does not account 




Figure 3.17 – Summary of Haiti aftershock activity around the Chile mainshock. (a) 
Aftershocks detected by Douilly et al. [2013] ± 15 days around the Chile mainshock.  
Dashed line = origin time of Chile mainshock. (b) Estimated magnitudes of hand-picked 
earthquakes 6 hours before (yellow circles) and after (red circles) the Chile mainshock. 
Magnitudes are estimated using amplitudes measured from station JAKH. (c) Band-pass 
filtered 2-16 Hz envelopes from stations GRG, MRG, and HA17. Hand-picked 
earthquakes are marked. Gray box = time window of the Love and Rayleigh waves, i.e. 
between the 5 km s-1 and 2 km s-1 arrival. (d) Seismicity rates using our hand-picked 
earthquake catalog and the Haiti aftershock catalog of Douilly et al. [2013]. We perform 
a least-squared fit of a simple Omori law aftershock decay to our hand-picked 
earthquakes occurring after the Chile mainshock. Note there is no rate during the surface 




Figure 3.17 shows a summary of our analysis of local earthquake activity around 
the time of the Chile mainshock. Using the standard Haiti aftershock catalog of Douilly et 
al. [2013], we did not observe any obvious increase in aftershock activity following the 
surface waves of the Chile mainshock over a 30-day period (Figure 3.17a). Indeed, a 
simple β calculation computed using the Haiti aftershock catalog confirms that there is no 
significant increase in Haiti aftershock activity in the several days following the Chile 
mainshock (Table 3.2).  
 
Table 3.2 - β-values for varied Haiti aftershock triggering windows* 
Time window Beta value (median) 
+/- 0.5 day +0.45 
+/- 1 day -0.12 
+/- 2 days -0.43 
+/- 4 days -0.15 
+/- 8 days +0.04 
+/- 15 days -1.42 
* Background window for the β-value calculation was randomly sampled 100 
times from 15 days of aftershock activity occurring before the P-wave of the 
Chile mainshock, with the exception of the ‘+/- 15 days’ calculation. 
 
 
A simple moving window seismicity rate calculation [e.g., Ziv et al., 2003; Felzer 
and Brodsky, 2006] of our hand-picked catalog and the standard Haiti aftershock catalog 
[Douilly et al., 2013] also indicates that seismic activity rates before and after the Chile 
mainshock are similar. A least square fit of a simple Omori Law aftershock rate decay of 
r(t) ~ t –p to our hand-picked Haiti aftershocks occurring after the Chile mainshock leads 
to a p-value of 0.77 +/- 0.02, where typically p = 1. Thus, from our analysis of aftershock 
activity over both long and short time frames, it appears that there is no significant 
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increase in the aftershock activity rate due to the surface waves of the Chile mainshock.  
In addition, the 41 hand-picked Haiti aftershocks have magnitude ranging from 2.1 to 4.0. 
Just before the Love wave of the Chile mainshock arrives in Haiti, a M3.0 aftershock 
occurred (Figure 3.15c) as well as a M2.2 (estimated). After the surface waves pass 
through the region, the Haiti aftershocks appear to have slightly higher magnitude (Figure 
3.17b-c) compared to 6 hours before the Chile mainshock. However, it is unclear whether 
the increase in magnitude is due to the passing seismic waves or if it is just part of 
random fluctuations in the Haiti aftershock processes.  
3.4.4 Characteristics of Triggering Waves 
We model how transient stresses due to the passing Love and Rayleigh waves act 
on the EPGF, i.e. the triggering potential of the surface waves. The triggering potential 
model is based upon the change in the Coulomb failure function, fault geometry, 
amplitude and frequency of the surface waves, and depth of interest (i.e., source of 
triggered tremor). The change in the Coulomb failure function (δCFF) depends upon the 
change in a fault plane’s shear (δτ) and normal (δσn) stresses due to the surface waves, as 
well as the coefficient of friction on the fault plane (µ) such that 
 
That is, the stress tensor can be rotated such that the two components are in the fault 
plane (shear; in the strike and dip directions) and one is perpendicular to the fault plane 
(normal). Details on how to compute the change in the Coulomb failure function can be 
found in Gonzalez-Huizar and Velasco [2011].   
Figure 3.18 illustrates our model of how stresses change on the EPGF during the 
Chile mainshock surface waves at the triggered tremor source depth, which we set to be 
δCFF = δτ +δτ + µδσ n.                                                    (3)
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25 km (Section 3.4.3.1). For the triggering potential model, we assumed the EPGF is a 
vertical fault with a dip of 90° and a strike of 0° that has a coefficient of friction (µ) of 
0.3. After computing the shear and normal dynamic stresses acting on the EPGF, it is 
clear that shear stress changes caused by the Love wave are greater than normal stress 
changes caused by the Rayleigh wave. Indeed, when we cross-correlated the envelope 
function of the tremor signals with the dynamic stress functions, we obtained correlation 
coefficients (c.c.) of 0.78 and 0.12, for the Love and Rayleigh waves respectively. Thus, 
the Love waves of the Chile mainshock are predominately responsible for the triggering 
of the tremor we observed. 
 
Figure 3.18 - Triggering potential model of surface waves from the Chile mainshock. 
Black traces at top = broadband vertical and transverse displacement waveforms from 
station JAKH. Blue traces = computed dynamic stressgrams with correlation coefficient 
(c.c.) marked. The correlation coefficient is ascertained by cross-correlating a stressgram 
with the filtered envelope function of the tremor signal. Black trace at bottom = band-





3.4.5 Discussion and Conclusions 
In this study [Aiken et al., 2015a], we investigated the impact of seismic waves 
from the 27 February 2010 Mw8.8 Maule, Chile earthquake on the Enriquillo-Plantain 
Garden Fault and surrounding faults affected by the 12 January 2010 Mw7.0 Haiti 
earthquake. We examined seismic data from 25 temporary land and OBS stations in 
search of tremor and/or Haiti aftershocks induced by the surface waves of the Chile 
mainshock. We observed ~10 tremor bursts triggered instantaneously by the long period 
surface waves of the Chile mainshock (Figure 3.16), the first observation of tremor in 
southern Haiti peninsula. The triggered tremor sources radiate in the ~1-10 Hz frequency 
band (Figure 3.15) and appear to nucleate just south of the EPGF fault trace (Figure 
3.14). While we found clear evidence of triggered tremor, no clear increase in Haiti 
aftershock activity was identified either in the short or long term (Figure 3.17). 
As illustrated in Figure 3.15, the tremor-like signals are distinctly different from 
that of local earthquakes, which have impulsive arrivals. One may argue that the tremor-
like signals we observe are not tremor but rather P-waves of earthquakes occurring at 
regional distances.  However, we found no record of earthquakes that are consistent with 
the arrival times of the tremor bursts in either the CNSN or ANSS global catalogs. Also, 
when we examine how the tremor signal radiates from the source over time, it is clear 
that the tremor bursts have a speed of ~3.5 km/s, i.e. the speed of an S-wave (Figure 
S3.18). Because the tremor signal travels at the speed of an S-wave, we surmise that the 
tremor represents deep, shear slip on the EPGF, as has been observed along the SAF in 
Parkfield, CA [Shelly et al., 2011]. However, unlike Shelly et al. [2011], we did not 
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observe any clear migration of the triggered tremor activity that would evidence an 
episodic creep occurring deep within the fault (Figure 3.14). 
 Recently, dynamic triggering studies have focused on identifying the relationship 
between fault geometry and the amplitude and frequency of a seismic wave, with regard 
to the depth of the tremor source, since amplitudes of surface waves decay with depth 
[e.g., Hill, 2012 and references therein; Gonzalez-Huizar and Velasco, 2011]. While we 
were not able to conduct a systematic study of earthquakes triggering tremor in this 
region like that of Aiken and Peng [2014], our triggering potential model of the dynamic 
stress changes caused by the Love and Rayleigh waves indicates that the Love wave is 
the dominant driving force for triggering tremor, generating dynamic stress ≥ 10 kPa at 
25 km depth (Figure 3.18). The Love wave propagates as a surface wave with horizontal 
displacements perpendicular to the direction of propagation, and given the location of the 
Chile mainshock and East-West strike of the EPGF, it is clear that the transient stresses 
caused by the Love wave act in the same direction as the local stresses on the fault 
(Figure 3.14). Based on the fault orientation and direction of propagation, the Coulomb 
failure criterion predicts that vertical transform faults will be triggered mainly by the 
Love wave with an incidence perpendicular to the fault strike [Hill, 2012].  
Our triggered tremor locations have small horizontal errors, but the depths are not 
well resolved (e.g., Figure S3.16). Aiken et al. [2013a, 2015b] used a similar envelope 
cross-correlation technique to locate triggered tremor. However, in those studies, the 
source depth was also not well constrained, and the depth was set to 25 km – a depth at 
which tremor has been observed along the Parkfield-Cholame segment of the SAF [Shelly 
et al., 2009]. When we similarly set the depth of the tremor sources to be 25 km, we 
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observed a clear correlation between the Love wave and tremor bursts (Figure 3.18). We 
note that the correlation coefficient between the Love wave dynamic stresses and tremor 
envelope function is high (c.c. = 0.76), but not exactly equal to 1. Therefore, it is possible 
that the dip of the fault is not 90°, as Prentice et al. [2010] inferred from their field 
studies. In their study, they ascertained from surface ruptures from the 12 January 2010 
Mw7.0 Haiti mainshock that the EPGF is a high-angle (> 60°) south-dipping fault, at the 
very least nearest to the Haiti mainshock. A high-angle south-dipping EPGF is in 
agreement with our locations of the triggered tremor sources (Figure 3.14). 
Tremor appears to be more easily triggered than earthquakes, as has been 
observed in a comparison study of earthquake and tremor triggering stress thresholds in 
California [Aiken and Peng, 2014], as well as in the laboratory [Bartlow et al., 2012]. In 
Haiti, most of the aftershock activity occurred on secondary high-angle (>65°) reverse 
faults (Figure 3.14) [Douilly et al., 2013]. High-angle (>60°) reverse faults are typically 
locked and not easily reactivated because they are not optimally oriented [Sibson, 2012]. 
This fact may explain why we did not observe an increase Haiti aftershock activity in 
response to surface waves from the Chile mainshock. In addition, small earthquakes 
triggered by surface waves of larger earthquakes are typically observed in fluid-rich 
geothermal regions [Aiken and Peng, 2014] and triggering in non-geothermal regions is 
rare [Sullivan et al., 2012]. For example, Sullivan et al. [2012] showed that an aftershock 
region can be loaded by long-period surface waves that propagated 360° back to the 
mainshock epicenter, resulting in increased aftershock activity. However, we did not 
observe any influence of the Chile mainshock on Haiti aftershock activity - only a 
standard Omori decay for the Haiti aftershocks (Figure 3.17d). Surfaces waves generated 
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by large magnitude earthquakes, like the Chile mainshock, are also capable of circling the 
Earth multiple times and triggering earthquake activity upon returning to region [Peng et 
al., 2011], but we found no evidence of such a triggering process (e.g., Table 3.2). 
Another possible explanation for no observed aftershock triggering is that the amount of 
transient stress needed to push a fault closer to failure likely varies in time. It is difficult 
to accurately describe the stress state of those secondary faults where the Haiti 
aftershocks occur. A fault’s stress state can fluctuate due to earthquake activity, 
variations in regional stressing, and even fluid migration along the fault, hence affecting 
the triggering behavior [Brodsky and van der Elst, 2014]. 
  
3.4.6 Future Work 
 Over the last decade, observations of triggered tremor and earthquakes have 
become abundant, and triggering studies such as this are beneficial to answering 
questions regarding the interaction of tremor and earthquakes. Future work includes 
identifying ambient tremor activity along the EPGF and determining its relationship to 
the potential new series of moderate earthquakes and the triggering of shallow 
earthquakes in response to deep fault slip. Moreover, ambient and triggered tremor 
studies focused in the southern Haiti peninsula could elucidate differences between 
tremor occurring on the EPGF and other strike-slip faults where tremor has been 
observed. 
Specifically, there are a few opportunities for improving this work prior to 
submitting for publication. First, the aftershock detection technique is somewhat 
outdated. While selecting earthquakes based on observable P- and S-wave phases can 
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insure that a seismic signal is truly an earthquake, this method becomes more difficult 
when the seismicity rate is extremely high, such as during a time of aftershock activity. 
That is, overlapping of earthquake phases in seismic recordings will inhibit the 
identification of earthquakes missing from earthquake catalogs [Peng et al., 2007], as is 
likely the case in this study (Figure 3.17c). One way to improve earthquake detection is 
to utilize a recently developed matched filter technique [Peng and Zhao, 2009]. This 
technique scans waveform templates of known earthquakes through continuous seismic 
recordings in search of similar earthquakes. A new earthquake is detected when the 
waveform similarity between the template and the continuous recordings exceeds a given 
threshold. This technique has proven to detect at least 11 times more aftershocks in the 
first 2 days following a M6 earthquake in Parkfield, California than was reported in U.S. 
Geological Survey earthquake catalogs [Peng and Zhao, 2009]. In Haiti, waveforms of 
known aftershocks (Table S3.6) can be used to search for additional aftershocks that 
could not be selected based on visual inspection alone (Figure 3.17c). Using the matched 
filter technique to detect earthquakes instead of visual inspection will provide a new 
outlook on whether or not Haiti aftershocks can be influenced by seismic waves of the 
Chile mainshock. 
 Second, the envelope cross-correlation technique used to locate the triggered 
tremor is unreliable when determining the depth of the source (Figure S3.16). It is also 
unclear whether the horizontal locations of the triggered tremor are robust (Figure 3.14), 
as the dip of the EPGF is not precisely known [Prentice et al., 2010]. One way to 
elucidate the accuracy of the envelope cross-correlation technique used to locate the 
tremor sources is to use the same method to locate aftershocks with known locations. The 
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S-wave peaks of the aftershocks listed in Table S3.6 can be used for location, similar to 
how the peak of a tremor burst is used to locate its source. There may be some 
differences in how accurately the earthquakes and tremor are located due to the inherent 
characteristics of their sources. For example, tremor is emergent and low-amplitude, 
while earthquakes are impulsive and high-amplitude (Figure 3.15). In addition, tremor 
has been shown to be predominantly the S-wave of many LFEs [Shelly, 2009]. Thus, each 
tremor burst pick is essentially an average S-wave arrival of many LFEs, which could 
affect the source location if the LFEs nucleate from different locations. 
 While we observed that the Love wave of the Chile mainshock is predominately 
responsible for the triggering of the tremor, one may notice that the similarity test (c.c. 
value) between the Love wave stressgram of the Chile mainshock and the tremor 
envelope is not exactly 1 (Figure 3.18). The Coulomb-failure criterion [Hill, 2012] 
predicts solely Love wave triggering, given that the Love wave has perpendicular 
incidence on the vertical fault. However, the c.c. value is less than 1, suggesting other 
factors. For instance, this observation could be a reflection of location accuracy of the 
tremor, as waveforms are shifted in time to reflect what is happening at the source 
location. Improving the locations as mentioned previously could improve the c.c. value. 
A second factor could be that the EPGF is not exactly vertical, a finding suggested by 
Prentice et al. [2010]. In fact, the dip of the EPGF could range from 60-90°. Once the 
locations of the triggered tremor activity have been finalized, the dip of the EPGF can be 
varied in the triggering potential model (Section 3.4.4) until the highest cross-correlation 




3.4.7 Supplemental Information 
3.4.7.1 Supplemental Figures 
Figure S3.15  - β-point summation test of significance. (a) 4-component averaged 2-16 
Hz band-pass filtered envelope from OBS station HA06 ± 5 hours around the Chile 
mainshock. Red lines = triggered tremor window. (b) Zoom-in to show triggered tremor 
window. Peaks around 900 s and 1000 s are Haiti aftershocks. (c) β-value distribution.  
Background time window is the same size as the triggering time window and was 
sampled 100 times from the 5 hours before the P-wave arrival (around 650 s in (b)) of the 
Chile mainshock. 
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Figure S3.16 – Example of poorly constrained depth when locating triggered tremor 
sources. (a) Average horizontal location of burst # 5 (see Figure 3.17). The horizontal 
location for this burst is very near to the fault trace. (b) Average depth of burst # 5. Note 
that the error for the depth is quite large, i.e. ± 15 km. 
 
Figure S3.17 – Least square regression analysis for determining constants a and b in 
equation 3.2. We utilized 8 known earthquake magnitudes to determine calibrate the 
magnitudes of our hand-picked earthquakes. The reported magnitude is only weakly 
correlated to the displacement of the S-wave because (1) the waveforms were filtered and 
integrated for the S-wave displacement measurement and (2) because there is no 
amplitude attenuation term. 
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Figure S3.18 – Moveout of tremor activity triggered by the Chile mainshock. Black 
traces = 2-16 Hz band-pass filtered waveforms. Orange trace = envelope function of the 






3.4.7.2 Supplemental Tables 
Table S3.6 – Earthquakes used for magnitude calibration.* 
  
     Douilly et al. [2013]                     CNSN   CNSN 
Time 
(UTC)   Longitude Latitude   Longitude Latitude   Magnitude 
06:48:48  -72.971362 18.497520  -73.055 18.581  3.0 
09:27:07  -72.765527 18.419608  -72.883 18.465  2.3 
10:10:47  -72.540630 18.521425  -72.644 18.597  2.1 
10:52:10   -72.709439 18.503130   -72.775 18.561   2.7 
12:37:39  -72.878059 18.405142  -73.031 18.477  2.4 
15:57:10  -72.742828 18.483814  -72.858 18.530  3.8 
17:40:30  -72.711628 18.471175  -72.847 18.525  2.7 
20:22:03   -72.762724 18.427815   -72.902 18.469   2.5 
*These events all occur on 27 February 2010 and are listed in both the CNSN and 
Douilly et al. [2013] catalogs. 
 
3.4.7.3 Supplemental Movie 
The supplemental movie of Aiken et al. [2015a] has been made available via 
http://geophysics.eas.gatech.edu/people/cautry6/temp/supplementals/dissertationCh3/ 
(last accessed 17 March 2015).  Below is the caption associated with the movie. 
Movie S3.3 -  Tremor around the EPGF recorded at station CN.JAKH triggered 
by the 27 February 2010 Mw8.8 Chile earthquake. (Top) Broadband 
transverse-component seismogram recorded at the station JAKH. 
(Middle) 5 Hz high-pass-filtered transverse-component seismogram 
showing the P wave of the distant mainshock, aftershocks, and triggered 
tremor signals. (Bottom) Spectrogram of the transverse-component 
seismogram. A 0.5-Hz high-pass filter is applied to remove long-period 
signals before computing the spectrogram [Peng et al., 2011]. The sound 






In this dissertation, several studies were presented on the topic of ‘triggering by 
surface waves of large, distant earthquakes in active tectonic regions’. It was shown that 
seismic activity, such as earthquakes, tremor, and possibly even icequakes, can be 
repeatedly triggered by seismic waves of large, distant earthquakes. The works presented 
here sought to address four main questions: (1) What are the characteristics of the 
triggered activity? (2) What physical characteristics of the seismic waves are 
predominantly responsible for the triggered activity? (3) Are their differences in 
triggering behavior among regions with similar tectonic environments? and (4) Are their 
similarities/differences between earthquake and tremor triggering? The ultimate goal of 
this dissertation was to further explain the physical mechanisms responsible for the 
triggered seismic activity and clarify a region’s susceptibility to triggering from transient 
stress changes.  
 Triggering of earthquakes has been explored in differing tectonic environments 
but has been predominantly observed in extensional environments such as 
geothermal/volcanic regions, where fluids are present and sometimes used for ‘green’ 
energy production. One study presented in this dissertation explored earthquake-
earthquake interactions in Long Valley Caldera, Coso Geothermal Field, and Geysers 
Geothermal Field, three geothermal/volcanic regions of California that produce 
geothermal energy [Aiken and Peng, 2014]. In previous studies [e.g., Prejean et al., 
2004], triggered earthquake activity has been investigated in these geothermal regions but 
mostly on an event-by-event basis. My dissertation work examined triggering in these 
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geothermal/volcanic regions in a more systematic way (over a 12-year period) and 
illustrated that a region’s susceptibility to triggering is proportional to its seismic activity 
rate. That is, a more seismically productive region (a region that is in a state of critical 
stress) is more susceptible/responsive to transient stressing and therefore is more easily 
pushed to failure (triggered).  
Susceptibility of geothermal regions to triggering was also found to weakly 
correlate with heat flow measurements in Long Valley, Coso, and Geysers. The 
correlation is weak for a few reasons. First, heat flow measurements are not very 
accurate, as they do not account for heat flow due to convective heat transfer from fluid 
circulation. Second, heat flow measurements, geothermal energy production, and seismic 
activity rates in geothermal regions of California appear to be proportional with each 
other (geothermal production projections for California geothermal regions: 
http://www.energyalmanac.ca.gov/renewables/geothermal/). For example, cooler 
geothermal regions have lower energy production levels and lower earthquake 
productivity rates (at least over the 12-year period investigated here). Because heat flow, 
energy production, and seismic activity rates appear to be related, it would be interesting 
to further explore on smaller time scales which factor is predominantly responsible for 
triggering susceptibility. For example, one could search for the triggering of earthquakes 
during times of high seismicity rates. 
 Another contribution of the work presented here was the identification of tremor 
activity along strike-slip faults where tremor has not been previously observed. Prior to 
this dissertation, tremor along strike-slip faults was mainly observed in California along 
faults that are considered part of the San Andreas Fault plate boundary system [e.g., 
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Gomberg et al., 2008]. In Aiken et al., [2015b], tremor was uniquely identified on the 
eastern Denali Fault - a large, intraplate fault that is not intimately connected with a 
larger plate boundary. This finding opens the door for further exploration of tremor in 
intraplate settings where slip rates are generally lower than that of interplate settings. For 
instance, in the four studies of triggered tremor presented here, the minimum amount of 
transient stress needed to trigger tremor (triggering threshold) varied by strike-slip region. 
Varied triggering threshold could either be a result of fluid migration or changes in 
regional stress. Since fluid migration is observationally more difficult to pinpoint, a study 
of the regional slip rates using geodetic instrumentation could further elucidate whether 
or not the triggering threshold is related to the regional stress state. In other words, do 
regions with higher stress have lower triggering thresholds and do triggering thresholds 
vary proportional with regional stress? 
  In both types of triggering (earthquake and tremor) presented in this dissertation, 
the characteristics of the triggering seismic waves, such as amplitude and frequency, were 
also investigated and compared. In general, amplitude (peak ground velocity) of the 
triggering seismic waves was found to be a dominant factor controlling the triggering of 
earthquakes and tremor. However, these measurements are largely based on 
measurements of the peak ground velocity at the surface of the Earth and not at the depth 
at which the events are triggered. That is, since surface wave amplitude decreases with 
depth, a stress estimate from a peak ground velocity measurement at the surface is not a 
true representation of stress at depth, nor does it account for changes in stress due fluid 
pressurization. Dependence on amplitude could be further explored by modeling fluid 
pressurization at depth and its effect on peak ground velocity, as the presence of fluids is 
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generally considered to be a physical attribute of faults that reduces a fault’s effective 
normal stress and promotes triggering.   
With regard to frequency dependence on triggering, seismic waves with periods > 
10 seconds were commonly observed to trigger tremor among strike-slip faults. However, 
no frequency dependence was observed for the triggering of earthquakes, even though in 
both cases the amplitude spectra were computed exactly the same, i.e. solely for the 
surface waves that promoted triggering. Truthfully, amplitude and frequency of the 
passing seismic waves both contribute to the triggering process and therefore should not 
be considered as individual factors as examined in this dissertation. In recent years, a 
triggering potential model was developed that incorporates fault orientation (strike and 
dip), depth of the triggered source, seismic wave amplitude, and seismic wave frequency 
[Hill, 2012; Gonzalez-Huizar and Velasco, 2011]. This model was implemented in Aiken 
et al. [2015a] to determine dynamic stress at depth (see Section 3.4.4). In theory, the 
triggering potential model could also be applied to a more complex tectonic system (e.g., 
a geothermal region) if the fault orientations and triggered source locations are known. In 
the geothermal study conducted here [Aiken and Peng, 2014], the earthquake locations 
and fault orientations were not known or investigated. It would be interesting to test the 
triggering potential model for triggered earthquakes in these geothermal regions to see if 





METHOD FOR COMPUTING DYNAMIC STRESS FROM MAGNITUDE 
 Dynamic stresses generated by large, distant earthquakes can be estimated using 
surface wave magnitudes listed in earthquake catalogs, similar to van der Elst and 
Brodsky [2010]. The first step is to estimate the displacement by earthquake using the 
surface wave magnitude relation 
log10 (A20 ) = MS −1.66 log10 (Δ)− 2                                  (A.1)  
where A20  is displacement in micrometers and Δ is distance in degrees.  Next, estimate 
the peak ground velocity (PGV) using the displacement: 
PGV ≈ 2π
T
A20                                                   (A.2)  
where T is period. The dominant period of surface waves is T = 20 s for a surface wave 
generated by a remote source. The final step is to estimate dynamic stress (σ) from the 
peak ground velocity (PGV): 
σ = (PGV )(µ)
vph
                                                (A.3)   
where µ is shear rigidity, and vph is the phase velocity of the surface wave. Assuming 
crustal shear rigidity (µ = 35 GPa) and phase velocity of 3.5 km s-1, equation A.3 can be 
reduced to  
σ (kPa) =100 *PGV (cm s-1)                                       (A.4)  




EXAMPLE CODE FOR COMPUTING β- AND Z-STATISTICS USING MATLAB 
function [ B, Z ] = compute_stat(Nb,Na,Tb,Ta) 
 
% created by Chastity Aiken 
% last modified August 23, 2013 
%  
% NOTE: This program computes the Beta and Z-statistic values as presented in Aron 
% and Hardebeck [2009] and Marsan and Wyss [2011]. Full references for these  
% articles are provided at the end of this introductory comment section.  
% 
% There are four inputs: 
% Nb = number of events occurring in the time window before (background window) 
% Na = number of events occurring in the time window after (triggering window) 
% Tb = length of time window before (background window). 
% Ta = length of time window after (triggering window) 
%  
% Tb and Ta do not need to be of equal length, but they must have the same unit (i.e.,  
% seconds, minutes, hours, days, etc.). 
% 
% The code will display one Beta and one Z value on screen and store 
% the variables so that they can be referenced later (as B and Z, respectively). 
%  
% USAGE:  [ B, Z ] = compute_stat(Nb,Na,Tb,Ta); 
% 
% EXAMPLE:  
% Say, you identified 5 events occurring in your background window of 6 hours  
% (Nb = 5; Tb = 6) and 50 events occurring in your triggering window of 6 hours  
% (Na = 50; Ta = 6). Then,  
% 
% [ B, Z ] = compute_stat(5,50,6,6); 
% 




% Aron, A. and J. L. Hardebeck (2009), Seismicity rate changes along the central  
% California coast due to stress changes from the 2003 M6.5 San Simeon and 2004  
% M6.0 Parkfield earthquakes, B. Seismol. Soc. Am., 99, no. 4, pp. 2880-2292,  
% doi: 10.1785/0120080239. 
% 
% Marsan, D. and M. Wyss (2011), Seismicity rate changes, Community Online  
% Resource for Statistical Seismicity Analysis, doi: 10.5078/corssa-25837590. Available 




N = Na + Nb; 
T = Ta + Tb; 
 
%% COMPUTE BETA [Aron and Hardebeck, 2009] 
B = (Na - N*(Ta /T))/sqrt(N*(Ta/T)/(1-Ta/T)); 
%% COMPUTE Z [Marsan and Wyss, 2011] 
Z = (Na*Tb - Nb*Ta)/sqrt(Na*Tb^2 + Nb*Ta^2); 
 
%% PRINT RESULTS TO SCREEN 
fprintf('--------------------\n') 
fprintf('Beta:  %.1f\n',B) 
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